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S U M M A R Y
This study applies high-resolution Radon transform to a large set of SS precursors and explores
the mantle reflectivity structure beneath 17 potentially ‘deep-rooted’ hotspots. The combined
reduced time (τ ) and ray parameter (p) information effectively constrains the depth, spatial
distribution and sharpness of upper-/mid-mantle reflectors. The olivine to wadsleyite phase
boundary is deeper than the ocean and global averages and produces a dominant τ –p domain
signal. Laterally coherent observations of the deep 410-km seismic discontinuity, thin upper
mantle transition zone and weak/absent 520-km reflector beneath hotspots make compelling
arguments for large-scale, hot thermal anomalies in the top 400–600 km of the mantle. On the
other hand, a relatively ‘flat’ and weak reflector at ∼653 km is inconsistent with ringwoodite
to silicate perovskite + magnesiowüstite transformation at temperatures greater than 2000 K.
The lack of a negative correlation between topography and temperature implies (1) average or
below-average temperatures at 600–700 km depths or (2) high temperatures and a dominating
majorite garnet to Ca perovskite phase transformation. The proper choice between these
two scenarios will directly impact the origin and depth of mantle plumes beneath hotspots.
We further identify lower-mantle reflectors at 800–950 and 1100–1350 km depths beneath a
number of the hotspots. Their presence implies that the chemistry and thermodynamics of the
mid-mantle may be more complex than suggested by seismic tomography.

Key words: Inverse theory; Body waves; Wave scattering and diffraction; Dynamics of
lithosphere and mantle; Dynamics: convection currents, and mantle plumes; Hotspots.

1 I N T RO D U C T I O N

Global characterization of melting anomalies (or ‘hotspots’) gen-
erally centre on two competing hypotheses: (1) the ‘plume model’
(Morgan 1971; Sleep 1990) that predicates on buoyancy-driven
thermal anomalies originating from the deep-mantle; (2) the ‘plate
model’ (Anderson 2001, 2005; Foulger 2007) that accentuates
the role of lithosphere, plate stresses and recycling of the en-
riched crust. Discussions of melting anomalies received greater
attention when global catalogues (e.g. Davies 1988; Sleep 1990;
Steinberger et al 2004; Courtillot et al. 2003; Anderson 2005) were
introduced to reconcile a wide range of reported surface expres-
sions, mantle seismic wave speeds, heat flow and isotopic compo-
sitions pertaining to hotspots (see Nataf 2000; Foulger 2007 for
detailed reviews). Among the various geophysical and geochemi-
cal constraints, seismic observations offer some of the most com-
pelling arguments in the ‘plume debate’. Pervasive evidence of hot
thermal/compositional anomalies near the core–mantle boundary
(CMB; e.g. Su et al. 1994; Grand et al. 1997; van der Hilst et al.
1997; van der Hilst & Karason 1999; Kellogg et al. 1999; Rost et al.
2005; Lay 2005) and their spatial correlation with hotspots (e.g.
Ritsema et al. 1999; Li et al. 2000; Montelli et al. 2004; Zhao 2004)
favours the plume model. On the other hand, well-documented res-

olution issues in seismic tomography (Romanowicz 2003; Ritsema
et al. 2004) and the effects of continental roots (Ebinger & Sleep
1998; Sleep et al. 2002; Lin et al. 2005; Manglik & Christensen
2006) and phase transitions (Shen et al. 2002; Hirose 2002; Nolet
et al. 2006) on plume ascent raise questions about the presence and
vertical continuity of hot thermal anomalies.

A self-consistent explanation for the origin of globally distributed
hotspots requires detailed knowledge of the speed and reflectiv-
ity in the upper mantle transition region (400–1000 km). This
depth range features two major mineralogical phase changes (e.g.
Ringwood 1975; Agee & Walker 1988; Anderson 1989) with a
strong temperature dependence and a propensity to cause disrup-
tions to mantle flow (e.g. Tackley et al. 1993; Gu et al. 2001; Fukao
et al. 2001; Nolet et al. 2006). In theory, a vertically continuous hot
plume ascending through the mantle transition zone (400–700 km,
from here on, MTZ) can be identified through (1) locally reduced
seismic speeds and (2) converging 410- and 660-km olivine phase
boundaries (Katsura & Ito 1989; Ito & Takahashi 1989; Bina &
Helffrich 1994). Orientation and strength of seismic anisotropy
could provide additional constraints on dominant flow directions
in and around MTZ (e.g. Trampert & van Heijst 2002; Panning &
Romanowicz 2006; Zhou et al. 2006; Visser et al. 2008). In
practice, the details of MTZ seismic velocities from tomographic
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inversions remain sketchy on the global scale (Becker & Boschi
2002; Romanowicz 2003; Ritsema et al. 2004). Observations of a
locally thin MTZ in support of the opposite deflections of olivine
phase boundaries have also been questioned (Gilbert et al. 2003;
Deuss 2007), even for the widely studied Iceland hotspot (Shen
et al. 2002, 2003; Du et al. 2006). The existence of weak reflec-
tors/discontinuities (e.g. Shearer 1991; Gu et al. 1998; Weidner &
Wang 2000; Deuss & Woodhouse 2001) and velocity reversals (Vin-
nik & Fara 2006) within the MTZ introduces further complexities
to the discussion of the origin depth and role of mantle plumes.

In this study, we present a systematic analysis of the strengths
and depths of mantle discontinuities beneath hotspots based on a
high-resolution Radon transform (HRT) method. The lateral and
depth sensitivities provided by SS precursors (Fig. 1a), the pri-
mary data set of this study, are ideal for global surveys due to the
use of midpoints in place of the more restrictive source or station
locations. Our frequency-domain approach effectively eliminates
both correlated and uncorrelated noise that could compromise the
quality of common midpoint stacks. This study is partly motivated
by a recently proposed hotspot criterion (Deuss 2007) that links
‘deep-rooted’ hotspots to a deep 410-km discontinuity and an aver-
age or thin MTZ. We target 17 hotspots that score a value of 2 or
higher according to the hotspot criteria of Courtillot et al. (2003)
and present a consistent global picture of the large-scale reflectiv-
ity structure surrounding mantle plumes. For the remainder of this
study, we make the following abbreviations to improve succinct-
ness: (1) Deuss et al. (2007) to Deuss07 and (2) 410-, 520- and
660-km seismic discontinuities to 410, 520 and 660, respectively.

Figure 1. Schematic drawing of SS precursors beneath a hotspot location.
The global map below shows the 17 hotspots included in this study and the
binning windows containing SS reflection points.

2 DATA A N D M E T H O D

Our data set consists of 13 years (from 1989 to 2001) of Mw >

5.5 earthquake records reported by Global Digital Seismic Network
(GDSN), Mediterranean Network (MEDNET) and several other
permanent and temporary regional deployments. A subset contain-
ing ∼10 per cent of this database was analyzed in a recent study
of the mantle structure beneath the northern Pacific Ocean (An
et al. 2007). For the present study, we restrict the source-station
distance range to 100–160◦ and group the selected source–receiver
pairs according to their midpoint locations into 10◦ radius, spherical
data gathers that centre on the 17 hotspots (see Gu et al. 2003 for
details). We filter the resulting SH-component seismograms using
corner frequencies of 0.02 Hz (low) and 0.08 Hz (high) and elim-
inate records that have signal-to-noise ratio (Gu et al. 1998) less
than 5. The remaining number of quality records exceeds 70 for
each hotspot, and the densest coverage is obtained in western North
America and South Pacific Superswell (Fig. 1b).

We apply HRT, a slight variation of the least-squares Radon
transform (LSRT) method outlined in An et al. (2007), to map the
seismic data to a surrogate domain where individual waveforms can
be easily isolated, classified, filtered and enhanced. For a suite of
N seismograms denoted by d(t , xk), k = 1, . . . , N , a noise-free
Radon transformation (Hampson 1986) via an inverse formulation
(Sacchi & Ulrych 1995; An et al. 2007; Gu & Sacchi 2009) can be
expressed as

d(τ,�) =
M∑

j=1

r (τ = t − p j �i , p j ), i = 1, . . . , N , (1)

where �i represents the source–receiver distance of the i th seismo-
gram, pj represents the ray parameter for the jth arrival, and t and
τ denote unreduced and reduced times relative to SS, respectively.
We transform d(τ , �) into the Fourier domain and apply the delay
theorem (Papoulis 1962)

D(ω,�k) =
M∑

j=1

R(ω, p j )e
−iω�k p j , (2)

where ω is an angular frequency, R(ω, pj) is the Fourier transform
of the time-domain Radon image and �k represent the kth distance
move-out from a reference value �0 chosen between 100 and 160◦.
This summation can be rewritten as a linear equation using matrix
notations

D(ω) = A(ω) R(ω), (3)

where A(ω) is a sensitivity matrix containing entries in the form
of e−iω�k p j . The unknown vector R can be determined using linear
inversions for all possible residual ray parameters pj relative to
that of SS. Eq. (3) can be solved by minimizing the following cost
function:

J = ||D(ω) − A(ω)R(ω)||22 + μ

M∑

j

ln(1 + ar j )
2. (4)

The first term on the right-hand side represents the data misfit,
a measure of how well the forward Radon operator can reconstruct
the data. The second term applies regularization (also known as
penalty) to stabilize the solution. The difference between this for-
mulation and the LSRT method is that the regularization term is now
weighed by a sparseness constraint based on a Cauchy distribution
(Sacchi & Ulrych 1995; Escalante et al. 2007). This weighting ma-
trix can improve the resolution and phase identification in the Radon
domain.
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The final solution is determined by minimizing eq. (4) with re-
spect to the unknown solution vector R (ω). The same equation
must be solved for all angular frequencies ω to recover the full
Radon operator r (τ , pj) through an inverse Fourier transform. Figs
2(a and b) show a record section of partially stacked PREM syn-
thetics, computed by summing the Earth’s free oscillations in re-
sponse to earthquake sources (Gilbert 1970), and the correspond-
ing Radon solution. We measure τ–p (used interchangeably with
‘Radon’) values of S410S and S660S in distinct phase windows
to accommodate different mantle shear velocity corrections. The
depth of a given reflector is determined from the relative positions
of the observed Radon peaks to those of PREM (Dziewonski &
Anderson 1981; see also Gu & Sacchi 2009) synthetics. The re-
constructed time series based on inverse Radon transform properly
recovers the main phases of interest (Fig. 2c) and minimizes inter-
fering arrivals such as core phases and top-side mantle reflections
(Fig. 2d).

Under ideal data density and quality the τ–p solution for a coher-
ent time-domain signal can be accurately determined by slowness
slant-stacking (e.g. Gossler & Kind 1996), LSRT (An et al. 2007)
or HRT method (this study). The main difference among these three
methods is resolution, especially in ray parameter space (Fig. 3).
Owing to Cauchy-based reweighting strategy (Escalante et al.
2007), the HRT method enhances the sparseness of the dominant
Radon-domain signal (see Fig. 3) and produces higher-resolution,
potentially more accurate, reconstructed time series than the LSRT
approach. The choice of regularization could have a consider-
able effect on the accuracy of time and slowness measurements
when the data constraint is less than ideal (see Gu & Sacchi
2009).

3 R A D O N I M A G I N G R E S U LT S

Fig. 4 shows a selection of waveforms and the corresponding Radon
solutions beneath Hawaii and Iceland. Slight time adjustments have
been applied to each trace to account for crustal thickness (Bassin
et al. 2000), surface topography (ETOPO5) and mantle heterogene-
ity (Su et al. 1994). We pre-condition the data further by introduc-
ing a partial (20◦ wide) summation window to increase the clarity
of traveltime move-outs prior to Radon inversions. The partially
stacked time series show coherent peaks corresponding to reflec-
tions from the 410 and 660, as well as modest signals potentially
originated from other mantle depths (see Hawaii hotspot, Fig. 4).

We choose different minimum distance cut-offs (120◦ for Hawaii
and 100◦ for Iceland) to improve the clarity of the 410 Radon
peak(s) for accurate depth determinations. This subjective choice
was prompted by a sharp change (or “bending”) of S410S ray param-
eters at a source–receiver distance of ∼120◦ in several time-domain
record sections (Gu & An 2007). The discontinuous S410S move-
out curves present a challenge for reflector depth determination at
a number of hotspots including Hawaii. For simplicity this study
mainly concentrates on the dominant trend at distances >115◦ and
omit the details on 2-D forward modelling of discontinuous travel-
time curves (Gu & An 2007; Gu & Sacchi 2009).

Mantle reflectivity structures differ substantially beneath the 17
hotspots. The most problematic time-domain signals are observed
beneath Afar (Fig. 5) where neither S410S nor S660S follows a
coherent traveltime curve across the distance range of interest.
The highly segmented S410S embodies the largest overall reflec-
tion amplitudes at most distances, but its inconsistent arrival times
severely degrade the Radon solutions that are predicated on the

Figure 2. (a) PREM synthetic seismograms computed based on sample source–receiver pairs. These traces have been partially stacked (using a running average
window of 20◦) to enhance the signal-to-noise ratio. (b) Radon model obtained from the HRT method. The energy peaks result from underside reflections at
220-, 400- and 670-km depths. The contour lines mark the normalized amplitudes of 0.2, 0.4, 0.6 and 0.8; the maximum amplitude of the entire solution is set
to 1. (c) Reconstructed time series based on the inverted Radon model. The main phases of interest are accurately predicted by the Radon solution. (d) Residual
time series after subtracting the time series shown by (c) from (a). Both correlated (multiples) and random noise has been effectively eliminated.
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Figure 3. A synthetic data set containing 5 per cent random noise and three distinct peaks; phase C has a negative polarity. All traces are generated by the
same velocity structure, source depth and focal mechanism. For simplicity, the input values (τ , p) of Radon peaks are (−150, 0), (−220, 0.35) and (−300,
−1). Radon solutions based on (b) forward (Vespa), (b) LSRT and (c) HRT methods. The Radon amplitude in each case has been normalized by the maximum
value of all three phases and the contour lines surrounding each τ − p signal denote the amplitude values of 0.2, 0.4, 0.6 and 0.8. Under idealized conditions
all three methods produce equally accurate Radon maxima, but the HRT method improves the τ − p solutions substantially over the other two approaches.

smoothness of traveltime curves (see Fig. 5, middle left panel). In
comparison, S660S traveltimes exhibit greater linearity both in the
input and the reconstructed (and interpolated) time series (see Fig. 5,
bottom panel), but the diminished reflection amplitudes away from
the distance range of 120–140◦ remain problematic for an accurate
determination of discontinuity depth.

3.1 Major MTZ discontinuities

The majority of hotspots show more robust Radon signals than Afar
(Figs 6 and 7). We determine the depth of a given reflector from
the time and ray parameter perturbations between the observed and
predicted (based on PREM) Radon peak (Gu & Sacchi 2009). The
inclusion of measured ray parameter in the calculation of reflec-
tor depth (e.g. Dziewonski & Gilbert 1976) is a key improvement
over the conventional approach that assumes constant ray parameter
from PREM (e.g. Gu et al. 2003). We estimate the measurement

errors by the standard deviations of τ and p values using an au-
tomated Radon-domain bootstrapping method (An et al. 2007),
and use reconstructed time series to assist error assessment further
(Table 1).

S410S is the strongest reflection beneath hotspots. Its correspond-
ing Radon-domain signals are nearly 50 per cent more energetic than
that of S660S—the second strongest signal, under the Iceland (see
Fig. 4), Azores (see Fig. 6), Macdonald, and Samoa (see Fig. 7)
hotspots. The average depth of the 410 from 17 hotspots (from here
on, the hotspot average) is 417 km, which is 7–8 km deeper than
the global averages of 410 km (Gu et al. 2003; Deuss07) and 409
km (Houser et al. 2008) estimated using similar long-period data
sets. Led by Hawaii and south Pacific Superswell, the 410 is espe-
cially deep at hotspots in the oceans (Fig. 8a). The general pattern
is supported by the time-domain estimates of Deuss07 (Fig. 8b), as
suggested by an overall correlation of 0.6. The large depression of
the 410 beneath Hawaii is the most surprising result, considering
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Figure 4. Sample time series and the corresponding Radon images for two hotspots. S410S and S660S are clearly identifiable in both time and Radon domains.
The solid black circles denote the measured maximum τ and p locations from the corresponding synthetic seismograms. The letter ‘L’ denotes to a lithospheric
reflector for all plots from here on (Lehmann 1959). Various other Radon peaks are evidence of potential reflectors away from the MTZ.

that the previously published depths using SS precursors (e.g.
Flanagan & Shearer 1998; Gu et al. 2003; Deuss07) are nearly iden-
tical to the global average. Some of the depth differences among the
various studies can be attributed to differences in data density, selec-
tion criteria and/or midpoint gather positions. For example, earlier
time-domain measurements in Flanagan & Shearer (1998) or Gu
et al. (2003) were made based on ‘cap’ centres that do not coincide
with the hotspot positions. Improved inversion/modelling strategies
of this study also play a significant role since (1) true (rather than
reference) ray parameters are used in our calculation of reflector
depths, and (2) inversions for τ–p models utilize variable distance
windows depending on the linearity of the SS precursor traveltime
curves. An in-depth analysis of the latter effect is provided by Gu
& Sacchi (2009).

The average depth of the 660 (653.4 km) is ∼4 km larger than
the reported global average of 649 km using a similar data set
(Gu et al. 2003). We identify substantial depressions under the
Reunion and Hawaii hotspots and elevations under Afar and New
England. The depths of the 410 and 660 exhibit similar trends
beneath Pacific hotspots but show no visible global correlation (Fig.
8c). Excluding Hawaii (the largest outlier), the correlation between
our measurements and those of Deuss07 is approximately 0.85 (Fig.
8d). Measurements pertaining to Pacific hotspots show the best
agreement (to within 2 km) between these two studies. Of the two
most notable outliers, the depth of the 660 under Reunion Island
is questionable due to a diminished Radon peak, but a deep 660
beneath Hawaii is well constrained and would require a physical
explanation.

3.2 Placing the hotspot mantle in a global framework

Similarities among hotspots can be just as revealing as the dif-
ferences between them in the context of global characterization.
First, a depressed 410 is supported by regionalized ‘hotspot av-
erages’ computed from Gu et al. (2003) and Deuss07 (Fig. 9a)
based on similar data constraints. The vast majority of the hotspots

fall on the deeper side of the global average for three different
studies shown in Fig. 9a. Second, the MTZ beneath 16 out of
17 hotspots is narrower than the reported global averages of 240–
243 km (Fig. 9b) (Flanagan & Shearer 1998; Gu et al. 1998, 2003;
Lawrence & Shearer 2006; Houser et al. 2008). The reduction of
MTZ thickness is supported by recent observations from receiver
functions (Lawrence & Shearer 2006) and SS precursors (Deuss07)
beneath all but one hotspot. The lone exception to the general trends
in 410 depth and MTZ thickness is Iceland, where the 410 is merely
407-km deep and the MTZ is 5–7 km thicker than the global average
(see Fig. 8).

The 410 shows larger peak-to-peak depth variation than the 660
(Fig. 9c), and therefore, has greater impact on MTZ thickness. We do
not observe a statistically significant correlation between the depths
of the 410 and 660 beneath hotspots. Although de-correlation has
been documented on the global scale (Flanagan & Shearer 1998;
Gu et al. 1998, 2003), observations pertaining to hotspots (e.g.
Gilbert et al. 2002; Fee & Dueker 2004; Du et al. 2006; Deuss
2007; this study) are potentially more meaningful considering the
high temperatures (hence greater expected effect on mineral phase
boundaries) associated with mantle plumes.

The main characteristics of the MTZ beneath hotspots are sum-
marized in a statistical comparison with results from several pub-
lished studies in Fig. 9(d). To differentiate the ‘hotspot mantle’ from
the average oceanic mantle, we divide the Earth’s mantle based on
the tectonic regionalization scheme of Jordan (1981) and compare
the median depths of the 410 under hotspots to the global and
ocean averages. The average depths of the 410 beneath oceans do
not systematically deviate from the global average (see Fig. 9d).
However, the median 410 depths beneath hotspots are consistently
deeper than the two larger-scale averages, especially in the two
most recent studies where hotspots are carefully targeted (Deuss07)
and potentially better resolved (this study). Deep 410 and thin
MTZ beneath hotspots are accompanied by observations of low
shear velocities in the upper mantle. According to model PR5 of
Montelli et al. (2004), the upper mantle beneath the hotspots is, on
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Mantle reflectivity structure beneath oceanic hotspots 1461

Figure 5. Time series and the corresponding Radon transform of the Afar hotspot. (a) The reflections (top panel) resulting from the 410 and 660 are strongly
segmented and complex. The lines highlight the detectable phases within the data window. Waveforms contained in the box (142–156◦) show the diminished
S660S and, possibility, multiple arrivals. (b) Radon transform of the time series (left column, middle and bottom). The solid black circles mark the reference
MTZ reflector positions (at 400 and 670 km, respectively) of PREM synthetic seismograms. Both S410S and S660S are missing from the Radon solution. The
reconstructed time series (right column, middle and bottom) show substantial variations signal arrival times.

average, 1 per cent slower than beneath the “normal” oceanic litho-
sphere (see Fig. 9d). In other words, the anomalous traveltimes of SS
precursors beneath hotspots are likely part of the cause, rather than
the by-product, of previously reported continent-ocean differences
(Gossler & Kind 1996; Gu et al. 1998) at the top of the MTZ.

The estimated discontinuity depths are, to varying degrees, in-
fluenced by the timing corrections for upper mantle heterogeneity.
To verify the robustness of our observations, we re-compute the
depth of the 410 using velocity corrections from eight published
shear-velocity models (Fig. 10). Our calculations show that, despite
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considerable changes in the standard deviations of depth
distribution—most notably the case of saw24b16 (Megnin &
Romanowicz 2000), the average discontinuity depth remains 7–8
km deeper than the global average of ∼410 km. The median, which
is a more resistant measure to large outliers, mainly falls in the
range of 415–420 km.

3.3 Other reflectors

Potential reflections from the lithosphere and seismic velocity struc-
tures at 500–600, 800–920 and 1000–1100 km depths are frequently
identified on the Radon images (see Figs 5–7). These seismic
arrivals were previously difficult to quantify due to weak reflec-
tion amplitudes and interference from side-lobes of larger phases
(Shearer 1993; Neele et al. 1997; Schmerr & Garnero 2006). The
HRT method largely overcomes such observational limitations by
simultaneously constraining ray parameters (through windowing
in Radon domain) and time. Reflections from lithosphere depths,
which arrive at 80–120 s prior to SS, are the most consistent sig-
nals apart from the two major MTZ reflections (Fig. 11). Their ar-
rival times are regionally variable, as reflections from most oceanic
hotspots, especially in the southern Pacific Ocean, arrive closer
to the surface reflection than hotspots in and near continents (e.g.
Yellowstone, Cape Verde). In comparison, signatures from a poten-
tial 520 are only reliably identified beneath hotspots in the north-
ern Atlantic Ocean (e.g. Iceland, Azores, Cape Verde, and Canary
hotspots) (see Fig. 11). The limited visibility of the 520 (<30 per
cent) among the examined hotspots is inconsistent with earlier re-
ports of their global (Shearer 1991) or oceanic (Gu et al. 1998;
Deuss & Woodhouse 2001) presence. The hotspot – ocean differ-
ence will be discussed further in Section 4.

The presence of shallow lower-mantle reflectors is documented
by seismic phases arriving 220–300 s before SS. The amplitude and
depth of these reflectors are highly variable and their spatial distri-
bution shows no particular affinity to the oceans (see Fig. 11). The
Radon peaks associated with these potential reflectors are, in some
cases, far from the respective values predicted by PREM. Although
this observation raises questions on the nature of these late arriving
phases, it should also be recognized that significant perturbations
of reflection angle (hence, ray parameter) can be caused by dipping
interfaces and/or the presence of 3-D mantle heterogeneities. A full
3-D analysis and simulation of SdS waveforms will be needed to
accurately quantify these arrivals. The observed time- and Radon-
domain signals 300 s away from SS remain a mystery. As indicated
by the Yellowstone and Cape Verde hotspots (see Fig. 6), these ar-
rivals can have unusually large amplitudes and/or anomalous ray
parameters.

4 D I S C U S S I O N S

The HRT method provides simultaneous constraints on the timing,
velocity and ray parameter of the SS precursors. The nominal lateral
resolution of the data is 1000–1500 km, which is larger than the
typical dimension of a ‘primary’ hotspot (e.g. Courtillot et al. 2003;
Steinberger & Antretter 2006). Wave front healing (Montelli et al.
2004) and a complex SdS Fresnel zone (Shearer 1993; Neele et al.
1997) present further challenges to plume imaging. On the other
hand, the combination of heat dissipation and plume ponding (or
tilting) at the base of the 660 (e.g. Ebinger & Sleep 1998; Ritsema
et al. 1999; Shen et al. 2002; Manglik & Christensen 2006; Nolet
et al. 2006) or lithosphere (Anderson 2005) can potentially improve
the visibility of hot thermal anomalies. The main observations and
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Figure 6. The radon image of eight hotspots in the Northern Hemisphere. The solid black circles mark the positions of measured MTZ peaks from PREM
synthetic seismograms. The difference between observed and predicted Radon peaks reflect structural and dip differences (see main text). Most of these Radon
images show robust energy peaks preceding the MTZ phases. Some of these signals are potentially caused by lower mantle reflectors at the depths that are
indicated on the plot.

conclusions are summarized by a schematic sketch (Fig. 12) and
discussed in the following sections.

4.1 Upper mantle and the 410

The Radon images highlight the 410 as one of the most effective
plume trackers beneath hotspots (see also Deuss07; Tauzin et al.
2008). Our study shows an average depression of 7–8 km rela-
tive to IASP91 model (Kennet 1991) (see Fig. 8) beneath hotspots
which, assuming a Clapeyron slope of +2.9 MPa K–1 (Bina &
Helfrich 1994; Presnall 1995) for the solid–solid phase transition
from olivine to wadsleyite (Walker & Agee 1989; Katsura & Ito
1989), translates to a temperature increase of 70–120 K relative to
the global average near the top of the MTZ. Observations of region-
ally depressed 410 are not limited to lateral length scales larger than
1000 km, the nominal resolution of SS precursors. For instance,
depressions on the order of 10–15 km have recently been reported

based on higher-resolution (at length scales <500 km) P-to-S con-
verted waves (Tauzin et al. 2008). The moderate depth difference
between these two length scales can be readily accounted for by heat
dissipation and the effect of averaging. The continuity and shape of
the inferred upper mantle thermal anomaly are not firmly established
by the topography on the 410, however. Due to imperfect shear ve-
locity model corrections, an isolated low-velocity body near the 410
(which predominantly influences S410S times) and a distributed hot
thermal anomaly above the 410 (which dictates the SS times) can
cause similar traveltime differences between SS and S410S. In other
words, the aforementioned 70–120 K temperature estimate should
be interpreted as the upper bound of thermal variations since the
SS-S410S traveltime residuals are preferentially mapped to phase
boundary perturbations (see Fig. 12). Still, the presence of low-
velocity anomalies with a minimum diameter of 1000 km appears
to be a common link between SS precursor observations and re-
sults of traveltime/waveform tomography (e.g. Ritsema et al. 1999;
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Figure 7. Radon image of six hotspots in the Southern Hemisphere. The plot conventions are the same as Fig. 6.

Megnin & Romanowicz 2000; Gu et al. 2001; Montelli et al. 2004;
Hung et al. 2004; Zhao 2004; Nolet et al. 2006).

Strong reflections off the 410 offer further evidence for a hot
thermal structure in the upper mantle beneath hotspots. It has been
suggested that the phase loop of olivine to wadsleyite transition
(Helffrich & Bina 1994) is temperature-dependent and directly
impacts the sharpness of the 410 reflection. A hypothesized
positive correlation between reflection amplitude and temper-
ature based on thermodynamic considerations (e.g. Bina &
Helffrich 1994) is supported by observations of a diffuse/missing
410 phase boundary beneath subduction zones (Flanagan & Shearer
1999) and a sharp boundary beneath high-temperature regions
(Benz & Vidale 1993). Hence, despite lateral variations in dis-
continuity depth (or, mantle temperature), increased sharpness due
to a relatively warm upper mantle can provide a simple explana-
tion for the enhanced 410 amplitudes beneath the majority of the
hotspots.

In addition to temperature, the presence of water (Hellfrich &
Wood 1996; Ito et al. 1999; Bercovici & Karato 2003), partial
melt (Revenaugh & Sipkin 1994) and compositional heterogeneities
(Anderson 1989; Nolet & Ziehuis 1994; Frost 2003) may also lower
the 410 and affect the amplitudes of bottom-side shear wave re-
flections. For example, the presence of wet, enriched residue in the
‘global water filter’ model (Bercovici & Karato 2003) on top of
the MTZ (Karato & Jung 1998) can potentially reduce the speed of

S410S and increase the impedance contrast at ∼410 km. However,
with this filtration process being sufficiently suppressed for mantle
plumes (Bercovici & Karato 2003), the dehydration-induced melt-
ing process should have greater overall impact on the global average
than on the hotspot average. The net result will reduce, rather than
amplify, the overall depth difference of the 410 between hotspot and
the average mantle.

Localized silicate melt (Revenaugh & Sipkin 1994) or hydrated
wadsleyite ‘lens’ (Schmerr & Garnero 2007) can also have similar
effects as temperature on the properties of the 410, especially near
subduction zones. The drawback of this class of models is that the
‘wetness’ of mantle plumes—a key parameter and catalyst in the
initiation of partial melting, is still debated beneath global hotspots
and oceans (e.g. Hirth & Kohlstedt 1996; Ito et al. 1999; Dixon &
Clague 2001; Jamtveit et al. 2001; Nichols et al. 2002; Hirschmann
2006; Silveira et al. 2006; also see Yoshino et al. 2008 for interpreta-
tions of laboratory conductivity experiments). Other compositional
variations such as Fe enrichment through plume entrainment (Javoy
1999) or garnet transition (Thybo et al. 2003) can influence the
MTZ by broadening the olivine phase loop, but both mechanisms
will reduce the visibility of the 410 and therefore conflict with the
observed high reflection amplitudes beneath hotspots. In short, a
warm upper mantle remains the simplest, if not the most viable,
explanation for a deep and sharp 410 interface beneath the global
hotspots.
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Figure 8. Depth perturbations of the 410 and 660 and their correlation with the respective measurements from Deuss 2007. (a) Depth perturbation of the 410
relative to the average (417 km) from all 17 hotspots. (b) Depth correlation of the 410. Independently determined depths are available at 14 hotspots. (c) Depth
perturbation of the 660 relative to the average (653 km) from all 17 hotspots. (d) Similar to (b), but for the 660 (a total of 13 hotspots were examined by both
studies).

4.2 MTZ and the 660

MTZ thickness estimates are routinely invoked to determine the ex-
istence and vertical continuity of thermal anomalies. In an isochem-
ical Pyrolite mantle (Ringwood 1975) dominated by two olivine
phase transitions of opposite Clapeyron slopes (Katsura & Ito 1989;
Ito & Takahashi 1989), a thin MTZ would be expected from converg-
ing phase boundaries in response to uninterupted vertical upwelling
(e.g. Gu & Dziewonski 2002; Niu et al. 2002; Lawrence & Shearer
2006; Deuss07). However, the effectiveness of MTZ thickness as a
vertical plume tracker can be compromised by uncorrelated topog-
raphy on the 410 and 660 (as in this study) or major complexities
within MTZ (e.g. mid-MTZ velocity reversals and multiple mineral
phase boundaries) (Vinnik & Fara 2006; Deuss &Woodhouse 2002;
Saikia et al. 2008; Tauzin et al. 2008). Separate discussions of the
internal MTZ structure and the characteristics of the 660 will be
needed.

First, our study shows that the internal structure of the MTZ
under the majority of the hotspots is surprisingly ‘uneventful’. Of-
ten coined as a global seismic discontinuity (Revenaugh & Jordan
1991; Shearer 1990, 1991, 1996; Flanagan & Shearer 1998), a mid-
MTZ reflector at ∼520-km depth has been widely documented in
oceanic regions (e.g. Gu et al. 1998; Gao et al. 2002) and less
frequently observed beneath continents (Ryberg et al. 1997). Ear-
lier studies attributed its origin to an exothermic phase transition
from wadsleyite to ringwoodite (e.g. Ito & Takahashi 1989; Shearer
1990; Ita & Stixrude 1992), but recent evidence from seismology

(Deuss & Woodhouse 2002) and mineral physics (Saikia et al. 2008)
suggested multiple phase boundaries involving both olivine (at
∼520 km) and garnet (at ∼560 km) may be responsible. The Radon-
domain signal between S410S and S660S is nearly ‘white’ beneath
hotspots, which is inconsistent with the average S520S amplitude
(3–5 per cent to SS; Gu et al. 1998; An et al. 2007) beneath oceanic
regions. We hypothesize that the sharpness and magnitude(s) of
wadsleyite to ringwoodite and/or garnet to perovskite transition (1)
decrease with increased temperature (Xu et al. 2008) and (2) may
be affected by compositional variations due to variable fertility of
the mantle and the proportion of recycled oceanic crust (Saikia
et al. 2008). Based on the above assumptions, weak or missing re-
flections from 500 to 600 km depth (as shown in Figs 5–7) would
imply that the MTZ portion of the ‘hotspot mantle’ is warmer than,
and potentially compositionally distinct from, the average oceanic
mantle.

Second, the mantle structure at the base of MTZ appears to
be more complex than the structure within it. Our observations
of a relatively flat but deeper-than-average 660 cannot be easily
explained by the ringwoodite to silicate perovskite + magne-
siowüstite transformation under high mantle temperatures. The lack
of a negative correlation between topography and temperature sig-
nals either average mantle temperatures surrounding the 660 (e.g.
Gilbert et al. 2003; Du et al. 2006) or strong interference from
other mantle processes or mineralogy (e.g. Weidner & Wang 1998;
Hirose 2002; Deuss07; Tauzin et al. 2008). The former explana-
tion favours the decoupling of a warm upper mantle (see Section
4.1) from an average/colder-than-average lower mantle beneath a
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Figure 9. (a) Depth perturbations relative to the global average of 410 km. The background colour map shows the measurements of Gu et al. (2003). Solid
circles represent the results of this study (only polarity is plotted against the global average) and the large unfilled circles show the corresponding results of
Deuss07. (b) Transition zone thickness perturbations relative to the global average of 242 km (based on past studies using SS precursors). The background
colour map shows the interpolated thickness measurements of Gu & Dziewonski (2002). The foreground unfilled circles and crosses represent thin and thick
MTZ, respectively, from Lawrence & Shearer (2006). The solid circles show the results from this study. (c) Correlation (or the lack of) between the depths of
410 and 660 for both this study and Deuss07. The uncertainties of our measurements are as indicated. (d) A statistical analysis of hotspot and ocean averages
from various studies. In all cases the 410 is deeper and the MTZ is thinner under hotspots than under oceans. The black symbols show the slowness (reciprocal
of velocity, see right-hand axis labels) perturbations predicted by Montelli et al. (2004) shear velocity model.

number of the hotspots (e.g. Nolet et al. 2006), which implies that
these hotspots initiate within or above the MTZ. Alternatively, the
exothermic phase change from majorite to perovskite (e.g. Weidner
& Wang 1998, 2000; Hirose 2002) could overlap with the ringwood-
ite to perovskite phase loop under high temperatures (Hirose 2002).
Consequently, the ‘660’ we report here may reflect a relatively broad,
‘grey area’ (see Fig. 12) predicated on the temperature–pressure
conditions and the stability of majorite (Hirose 2002). This hypoth-
esis does not require a major temperature difference between the
upper and lower mantle, and the considerable depressions of the 660
under the Reunion, Tahiti and Macdonald hotspots could originate
from a dominating majorite to perovskite transformation within
a hot, vertically continuous plume (e.g. Weidner & Wang 1998;
Hirose 2002). For the same hotspots, a wide olivine phase loop (e.g.
Bina & Helffrich 1994) at mantle temperatures of 2000+ K could
become seismically undetectable.

4.3 Lithosphere and lower mantle

With the exceptions of the Hawaii and Yellowstone hotspots, the
Radon images consistently show seismic reflections arriving 80–
120 s prior to the SS (see Figs 5, 6 and 11). We refer to these signals

as “L” reflections (Lehmann 1959), even though the actual depths
of the reflectors fluctuate between 160 km (beneath Southern Pa-
cific hotspots) and 300 km (beneath northern Atlantic hotspots).
The global existence (Dziewonski & Anderson 1981) of seismic
discontinuities between 150 and 350 km is still debated (Kennet
1991; Shearer 1993), despite reports of their presence beneath sta-
ble continents (Jordan 1975; Gaherty & Jordan 1995; Gu et al.
2001; Li et al. 2002; Deuss & Woodhouse 2002) and plate bound-
aries (Revenaugh & Jordan 1991; Vidale & Benz 1992; Bostock
1996; Gu et al. 2005). The presence of L reflections under the
majority of the hotspots, especially in the central Atlantic Ocean
(see Fig. 12), is at odds with the average signal from time-domain
stacks of SS precursors beneath oceans (Shearer 1993; Gu et al.
2001; Deuss & Woodhouse 2002). In addition to well-documented
mechanisms in connection with mantle rheology, anisotropy and
potential phase change (e.g. Karato 1992; Gaherty & Jordan
1995; Gung et al. 2003; Deuss & Woodhouse 2004; William &
Revenaugh 2005), tilted/ponded plume material as a consequence
of plume-plate interaction (e.g. Ebinger & Sleep 1998; Farnetani
et al. 2002; Shen et al. 2002; Manglik & Christensen 2006; Nolet
et al. 2006) could play a key role in shaping the upper mantle reflec-
tivity structure beneath hotspots. For instance, lateral expansion of
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Figure 10. Distributions of the depth of the 410 after applying heterogeneity
corrections based on S12 (Su et al. 1994), S20A (Ekström & Dziewonski
1998), saw24b16 (Megnin & Romanowicz 2000), S20RTS (Ritsema et al.
1999), S362D1 (Gu et al. 2001), SB4L18 (Masters et al. 2000), FFSW1
(Zhou et al. 2006) and S362ANI (Kustowski et al. 2008). VSH is used in
the calculation of corrections for anisotropic models S20A, FFSW1 and
S362ANI. Despite considerable differences among the distributions, the
average discontinuity depth remains nearly constant at a value close to
417 km.

plume head along lower-plate interface can increase plume visibility
and form a low-velocity (and possibly molten) layer (e.g. Farnetani
et al. 2002; Manglik & Christensen 2006) from trapped plume ma-
terial. Consequently, the combined plate and plume-layer thickness
and the bottom-side impedance contrast will dictate (and delay) the
reflection time beneath both continents and oceans; the slow-to-fast
transition will induce a positive reflection amplitude. This hypoth-
esis is supported by the presence of deep L reflectors in the vicin-
ity of the western African mobile belt (250–300 km) and consis-
tently shallow ones in the southern and central Pacific Ocean (160–
220 km) (see Figs 11 and 12).

In addition, our Radon images identify a series of deep reflectors
in the depth range of 800–1300 km beneath Hawaii, Louisville,
Tahiti, Juan de Fuca, Canary and Macdonald Islands (see Figs
5–7). Similar reflecting structures have been previously reported
near active subduction zones (Niu & Kawakatsu 1997; Deuss &
Woodhouse 2001; Niu et al. 2003; Vanacore et al. 2006; Rost
et al. 2008; Courtier & Revenaugh 2008) and attributed to (1)

mechanical/chemical segregation caused by stagnant slab in the
lower mantle (e.g. Niu et al. 2003; Vanacore et al. 2006) and (2)
phase transitions in metastable garnet (Kubo et al. 2002) or in
hydrous magnesium/aluminium-bearing silicates (Ohtani et al.
1995; Shieh et al. 1998; Lakshtanov et al. 2007; Courtier &
Revenaugh 2008). These mechanisms are generally unsuitable for
the observed mid-mantle reflectors away from convergent plate
boundaries (e.g. Le Stunff et al. 1995; Shen et al. 2003; An et al.
2007) due to their requisite pressure-temperature conditions and de-
pendency on cold/water-rich slabs in the lower mantle. Alternative
suggestions of a global mid-mantle chemical boundary layer (Wen
& Anderson 1997; Shen et al. 2003) should be carefully consid-
ered, especially for relatively ‘quiet’ regions such as northeastern
Pacific Ocean (An et al. 2007). Verification of these mechanisms
requires a true global survey based on improved data constraints
and higher-resolution imaging methods such as Radon transforms
(An et al. 2007; this study) and migration (e.g. see review by Rost
& Thomas 2009). Still, in the absence of a true global reflectivity
map, the mere presence of mid-mantle reflectors beneath hotspots
is a strong indication that the chemistry and thermodynamics at
mid-mantle depths are more complex than those suggested by the
spectral content of seismic velocities (e.g. Megnin & Romanowicz
2000; Gu et al. 2001; Becker & Boschi 2002).

5 C O N C LU S I O N S

The most important property of HRT is its ability to differentiate
consistent phase arrivals (as Radon peaks) from spurious ones that
coincidentally occur within the time window of interest. By using
the HRT approach, we are able to confidently resolve the existence,
depth and strength of multiple mantle reflectors beneath 17 major
hotspot locations (seeFig. 12). We observe that

1. S-wave reflections from the 410 are the highest amplitude
Radon signals beneath hotspots.

2. The 410 beneath hotspots is 7–9 km deeper than the global
average, suggesting that the upper mantle/MTZ beneath hotspots is
70–120 K warmer than the average mantle.

3. The MTZ beneath the hotspots is 5–7 km thinner than the
global average.

4. Reflections from the 660 are weak (relative to those from
the 410) and the inferred ∼3 km positive variation relative to the
global average suggests that, in addition to olivine phase transitions,
Majorite garnet to Perovskite transition may play a critical role near
the bottom of the upper mantle under high temperature conditions.

5. Reflections from the 520 are rarely observed, possibly due to
the broadening of the wadsleyite to ringwoodite phase transition
under high MTZ temperatures.

6. The L discontinuity and a series of lower mantle reflectors
exist under hotspots.

Although the observations presented in this study do not neces-
sarily reveal the exact origin and depth of mantle plumes, they do
underscore the existence and effects of large-scale thermal anoma-
lies down to MTZ depths beneath the majority of the hotspots. The
wide-ranging observations convey a simple message: the tempera-
ture and stratigraphy of the upper mantle and MTZ beneath hotspots
are most likely different from the average oceanic mantle.
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Figure 11. Depth and impedance contrast of various mantle reflectors. For a given reflection, the amplitude (right column) corresponds to the percentage
Radon amplitude ratio between a reflection and S410S; the latter phase is the strongest signal in this study. The large unfilled circles in the bottom-row maps
(labelled ‘1000–1350’) indicate the presence of a second reflector and their colours follow the same convention as the solid circles.

and an anonymous reviewer for their constructive suggestions
and comments. Much of the work presented here was based
on the MSc thesis of Yuling An (currently at CCGVeri-
tas) and an undergraduate summer project conducted by Ryan
Schultz. We also thank IRIS for data archiving and dissemi-

nation. Some of the figures presented were prepared using the
GMT software (Wessel & Smith 1995). The research project
is funded by Alberta Ingenuity, National Science and Engineer-
ing Council (NSERC) and Canadian Foundation for Innovations
(CFI).

C© 2009 The Authors, GJI, 178, 1456–1472

Journal compilation C© 2009 RAS



Mantle reflectivity structure beneath oceanic hotspots 1469

Figure 12. A schematic drawing of the main observations and interpre-
tations of this study. The strength of a given reflector is documented
by the thickness of the lines; for example, the 410 is represented by a
stronger colour and a thicker line than the 660. The abbreviations are: Ca
Pv (Ca perovskite), Maj (Majorite garnet), HTA (hot thermal anomaly),
γ (ringwoodite), L (lithospheric reflector), Mw (magnesiowustite), and
Pv (perovskite). The lateral dimension of the HTA is assumed to be
∼1000 km, which is not drawn in scale. The grey stripes denote regions
where the presence or continuity of a hot plume is not well-resolved.
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