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[1] The influence of anthropogenic aerosol (sulfate and soot) on upper tropospheric (UT)
clouds through ice nucleation is studied using the NCAR Community Atmospheric
Model Version 3 (CAM3) with a double moment ice microphysics treatment coupled to a
global aerosol model (LLNL/UMich IMPACT). Present-day and preindustrial
simulations are performed and compared for two scenarios. In the first scenario, the
homogeneous freezing of sulfate particles dominates cirrus cloud formation in the upper
troposphere (HOM). In the second scenario, both homogeneous and heterogeneous
ice nucleation and their competition (HET) are allowed. In the HOM scenario,
anthropogenic sulfate results in a global annual mean change of long-wave cloud
forcing (LWCF) of 0.20 ± 0.09 W m�2 and short-wave cloud forcing (SWCF) of
0.30 ± 0.17Wm�2 and an increase of upper tropospheric/lower stratospheric (UT/LS) water
vapor by �10%. In the HET scenario, anthropogenic soot may increase global cirrus cloud
cover by �2% and UT/LS water vapor by 40% with a change in LWCF of 1.5 W m�2

(with 1.35 ± 0.15Wm�2 from surface soot and 0.12 ± 0.17Wm�2 from aircraft soot) if soot
acts as efficient ice nuclei (IN) with a threshold ice nucleation RHi of 120–130%. Aerosol
effects are most evident (larger than natural variability) over polar regions. However,
their influence is significantly reduced if soot has a threshold RHi of 140% with an LWCF
change of only 0.23 W m�2 (with 0.17 ± 0.18 W m�2 from surface soot and 0.06 ±
0.16 W m�2 from aircraft soot), and cloud forcing changes are statistically insignificant
(less than the natural variability). Our results reinforce the importance of understanding ice
nucleation on soot from the perspective of their global climate impact.
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1. Introduction

[2] Upper tropospheric cirrus clouds cover about 30% of
the earth’s surface [Wang et al., 1996; Rossow and Schiffer,
1999]. The formation of cirrus clouds and the effect of
changes in aerosols on the climate forcing associated with
cirrus remains one of the least understood processes in the
climate system, although it is generally accepted that cirrus
clouds play an important role in determining the earth’s
radiative budget and climate [Liou, 1986; Ramanathan and
Collins, 1991]. Tropical cirrus clouds may also influence the
water vapor content in the stratosphere through dehydration
processes [e.g., Jensen et al., 2001].
[3] Ice crystal nucleation involves a variety of mecha-

nisms, each of which involves aerosol particles or cloud

droplets condensed on aerosol particles. There are two main
classes of mechanisms: homogeneous and heterogeneous.
Homogeneous nucleation involves homogeneous freezing of
supercooled cloud or haze droplets at temperatures less than
�37�C. Heterogeneous mechanisms include direct deposi-
tion from vapor to ice on a suitable nucleus (deposition
nucleation) and freezing of previously condensed super-
cooled cloud or haze droplets, with the freezing initiated
either by contact of a nuclei with the cloud or haze droplet
(contact nucleation) or by a nuclei immersed within the
cloud or haze droplet (immersion nucleation) and generally
require lower relative humidity over ice (RHi) than homo-
geneous freezing. Mineral dust, carbonaceous and metallic
particles appear to be common heterogeneous ice nuclei (IN
[Chen et al., 1998; DeMott et al., 2003; Cziczo et al., 2004]),
while aqueous sulfate drops are thought to be the most
important homogeneous nuclei. Because of the lower RHi

required for ice nucleation, the presence of heterogeneous IN
could decrease the occurrence of homogeneous nucleation
due to the consumption of water vapor by ice crystals formed
from heterogeneous nucleation [e.g., DeMott et al., 1997].
However, the relative importance of homogeneous nucle-
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ation versus heterogeneous nucleation for cirrus cloud for-
mation has been debated for years [Pruppacher and Klett,
1997; Haag and Kärcher, 2004] because of a shortage of
information on the concentrations and properties of IN in the
upper troposphere.
[4] The global burdens of sulfate and carbonaceous aero-

sols have substantially increased from preindustrial times
to the present day, raising the possibility of an indirect
aerosol effect on cirrus clouds. In situ measurements during
the Interhemispheric Differences in Cirrus Properties from
Anthropogenic Emissions (INCA) campaign indicate that
the occurrence of very high supersaturation with respect to
ice varies significantly between the Northern and Southern
hemispheres, and these differences are attributed to in-
creased aerosols at Northern latitudes [Haag et al., 2003].
Aircraft exhaust, which contains black carbon soot, volatile
particles, and metallic particles, can directly form contrails
[Schumann, 2002] and may indirectly change the ice crystal
number concentration of natural ice clouds [Ström and
Ohlsson, 1998], with a possible regional climate impact
[Travis et al., 2002]. Surface-generated soot may similarly
affect cirrus clouds.
[5] Process modeling studies have suggested that optically

thin and subvisible cirrus generated in situ are particularly
susceptible to heterogeneous IN near the tropical tropopause
[Kärcher, 2004]. The frequency of occurrence of thin cirrus
can be significantly increased due to the presence of a small
number of IN (0.001 cm�3) at midlatitudes as shown in
Lagrangian microphysical aerosol-cloud model simulations
[Haag and Kärcher, 2004]. If cirrus cloud occurrence
frequency and microphysical characteristics (such as ice
crystal number density, size, and shape) are modified by
human-related activities, this could have a large influence on
the radiative feedback of these clouds [Stephens et al., 1990;
Smith et al., 1998]. The size of ice crystals determines their
sedimentation velocity and therefore the cloud lifetime and
the humidity of the upper troposphere and lower stratosphere
[e.g., Jensen et al., 2001; Jensen and Pfister, 2004; Sherwood,
2002]. Recent indications that stratospheric water vapor
concentrations are changing [Nedoluha et al., 2003; Rosenlof
et al., 2001;Oltmans et al., 2000] have intensified the urgency
of understanding the processes controlling water vapor in the
tropical tropopause layer (TTL).
[6] In recent years physically based parameterizations for

the homogeneous freezing of sulfate solution droplets and
for heterogeneous immersion freezing in cirrus formation
have been developed [Kärcher and Lohmann, 2002a,
2002b; Liu and Penner, 2005; Kärcher et al., 2006]. These
parameterizations link the number of ice crystals that
nucleate to air temperature, updraft velocity and aerosol
properties (e.g., number and size), and thereby allow the
simulation of the impacts of different ice nucleation mech-
anisms on cirrus clouds and climate. Using parameteriza-
tions implemented in the ECHAM GCM, Lohmann and
Kärcher [2002] simulated cirrus clouds formed by homo-
geneous freezing while Lohmann et al. [2004] studied the
effects of heterogeneous freezing on cirrus clouds.
[7] Liu et al. [2007a, hereafter as LIU07] implemented the

ice nucleation parameterization by Liu and Penner [2005]
into the National Center for Atmospheric Research (NCAR)
Community Atmospheric Model Version 3 (CAM3) by
introducing a prognostic equation for cloud ice number

concentration (a two-moment method). The cloud liquid
conversion to cloud ice in mixed-phase clouds (Bergeron-
Findeisen process) is also explicitly considered by replacing
the temperature-dependent cloud phase partitioning in the
standard CAM3 with the Rotstayn et al. [2000] scheme. The
Liu and Penner [2005] parameterization accounts for homo-
geneous nucleation (on sulfate particles) and heterogeneous
immersion nucleation (on soot particles), heterogeneous
deposition nucleation, and considers the competition be-
tween these mechanisms. However, since our dust number
concentration in the upper troposphere is small [Penner et
al., 2008], the influence of dust on ice concentrations in
cirrus is neglected, but dust is allowed to affect ice nucle-
ation in mixed-phase clouds through the contact freezing of
cloud droplets. The predicted cloud ice water content (IWC)
in the upper troposphere from LIU07 is in better agreement
with the Aura Microwave Limb Sounder (MLS) data than
that from the standard CAM3 and the predicted tropopause
temperatures are also improved. It was also shown that this
ice scheme is able to produce a more realistic simulation of
the cloud phase structure and the partitioning of condensed
water into liquid droplets during the Mixed-Phase Arctic
Cloud Experiment (M-PACE) than the standard CAM3
when tested in a single column model [Liu et al., 2007b]
and in a short-range weather forecasting approach [Xie et al.,
2008].
[8] This work is a follow-up to LIU07, studying the poten-

tial influences of anthropogenic aerosol (sulfate and soot) on
upper tropospheric cirrus and water vapor through ice nucle-
ation using the modified version of CAM3 with ice nucleation
in LIU07 coupled to the IMPACT global aerosol model
(M. Wang et al., The coupled IMPACT aerosol and NCAR
CAM3 model: Evaluation of aerosol fields and analysis of
uncertainties with simulated aerosol number and size, submit-
ted to Journal of Geophysical Research, 2008, hereinafter
referred to as Wang et al., submitted manuscript, 2008). Two
scenarios are considered: only homogeneous ice nucleation
(HOM) and both homogeneous and heterogeneous ice nucle-
ation (HET). In HET, the sensitivity to the heterogeneous
immersion nucleation relative humidity threshold (RHi) and to
the critical heterogeneous IN number concentration that deter-
mines the transition from homogeneous to heterogeneous
nucleation is studied. The indirect cloud forcing (for cirrus
clouds only) associated with anthropogenic sulfate and soot
from surface sources (fossil fuel and biomass burning) and
from aviation is calculated.
[9] The paper is organized as follows. The coupled models

are described in section 2. The influence of anthropogenic
aerosols through ice nucleation on both cirrus clouds and
water vapor concentrations and uncertainties due to hetero-
geneous ice nucleation are presented in section 3. Section 4
describes the cirrus cloud radiative forcing calculated for
individual aerosol components (anthropogenic sulfate and
soot from both surface and aircraft sources). Section 5
summarizes and concludes this study.

2. Model Description

2.1. NCAR CAM3

[10] The NCAR CAM3 is the atmospheric component of
the Community Climate System Model (CCSM [Collins et
al., 2006]). The treatment of cloud condensation and

D03204 LIU ET AL.: AEROSOL EFFECTS ON CIRRUS CLOUDS

2 of 19

D03204



microphysics in CAM3 is based on the work of Rasch and
Kristjánsson [1998] as updated by Zhang et al. [2003] with
separate prognostic equations for the liquid and ice-phase
condensate [Boville et al., 2006]. Even though each phase of
water is transported separately, after advection, convective
detrainment, and sedimentation, liquid and ice are reparti-
tioned according to a temperature-dependent fraction of ice
in total water (fi)

0 � fi ¼
T � Tmax

Tmin � Tmax

� 1; ð1Þ

where the bounds Tmin and Tmax are adjustable within a
narrow range. The values in CAM3 are �40�C and �10�C,
respectively. Therefore CAM3 is not able to represent a
variety of processes (e.g., the Bergeron-Findeisen process,
ice nucleation, etc.) in mixed-phase clouds. The standard
CAM3 has been extensively evaluated by comparison with
observations. Hack et al. [2006] and Boville et al. [2006]
compared water vapor and temperature from CAM3 to
reanalysis data and to radiosonde measurements. Upper
tropospheric water vapor from CAM3 was also evaluated
with satellite observations by Gettelman et al. [2006].
[11] A two-moment cloud microphysics scheme was

introduced into the CAM3 model in LIU07, in which cloud
liquid and cloud ice number concentration are predicted.
The liquid and ice mixing ratio is calculated by the modified
Rasch and Kristjánsson [1998] scheme described by Boville
et al. [2006] except that the liquid mass conversion to ice
due to the depositional growth of cloud ice at the expense of
liquid water (the Bergeron-Findeisen process) is explicitly
treated using the Rotstayn et al. [2000] scheme. Moreover,
the cloud condensation and evaporation (C-E) scheme of
Rasch and Kristjánsson [1998], which removes ice super-
saturation for ice clouds in the standard CAM3, was used
only for liquid water in warm and mixed-phase clouds. We
added vapor deposition and sublimation of cirrus cloud ice
based on the Rotstayn et al. [2000] scheme. With these
modifications, ice supersaturation was allowed in the upper
troposphere. Thus rather than simply diagnosing the con-
densate phase from temperature as in equation (1), LIU07
has a physically based representation of the liquid/ice
partitioning in mixed-phase clouds as well as the capability
to predict ice supersaturation.
[12] LIU07 has included a comparison between the mod-

ified and standard CAM3 for water vapor, temperature,
cloud fields (condensate mixing ratio, cloud cover, cloud
forcing, etc.) in their Figure 7 and Table 3. Changes in
temperature are less than 0.5�C except in the tropical
tropopause where temperature increases by 1–2�C due to
the increase in ice mixing ratios, which reduces the standard
CAM3 cold bias there. Changes in water vapor are less than
a few percent except in the tropical tropopause and lower
stratosphere above 200 hPa where water vapor increases by
�40% due to the temperature increase in the tropical
tropopause allowing more water vapor transported into the
stratosphere (note that the absolute amount change is much
smaller than that in the boundary layer).
[13] The statistics for the predicted RHi in the UT/LS

region in this modified version of the CAM3 was compared
with the Measurement of Ozone on Airbus In-Service
Aircraft (MOZAIC) data within flight tracks as shown in

Figure 3 of LIU07. The occurrence frequency of ice
supersaturation at 200–300 hPa and 300–500 hPa is under-
estimated in CAM3, which is possibly due to the large grid
size (2.5� � 2�). It is closer to measured supersaturations
from the Atmospheric Infrared Sounder (AIRS) (A. Gettelman,
personal communication, 2007). This points out the impor-
tance of a treatment for the subgrid variability of the RH.
Below, we perform a sensitivity test in which we add 20%
to the calculated RHi in determining the number of ice crys-
tals nucleated. We note that the stratiform cloud fraction was
calculated using the same RH-based formulation with the
same threshold RH value as that in the standard CAM3
model. Since we allowed ice supersaturation in LIU07, this
produced a larger high-cloud fraction in the tropics and
extratropics compared to that in the standard CAM3.
[14] Another important change to CAM3 introduced in

LIU07 is that the effective radius of cloud ice is calculated
from model-predicted mass and number rather than pre-
scribed as a function of temperature as in the standard
CAM3. This, together with a parameterization of ice nucle-
ation, allows us to study the effects of aerosols on cloud
radiative forcing and cloud particle sedimentation through
their influence on the number and size of cloud particles
(and thus their effective radii). This is the main focus of this
study. For the purpose of studying only the effects of adding
ice microphysics, we turned off the aerosol effect on liquid
water clouds developed by Wang et al. (submitted manu-
script, 2008) by using the prescribed droplet effective radius
in the standard CAM3 [Boville et al., 2006]. We note that
there are a few global models that include discrete size-
resolved treatment of cloud microphysical processes [e.g.,
Jacobson, 2003]. As also summarized by Zhang [2008], the
original version of CAM3 is still missing several treatments
of aerosol properties and processes, and cloud microphysics
and aerosol-chemistry-cloud interactions which need to be
improved in future versions of CAM.
[15] Ice nucleation mechanisms in LIU07 include homo-

geneous ice nucleation and heterogeneous immersion nu-
cleation in ice clouds with temperature less than �35�C [Liu
and Penner, 2005], contact freezing of cloud droplets
through Brownian coagulation with insoluble IN (assumed
to be mineral dust with radii large than 0.63 mm, i.e., the
largest 3 dust size bins in the model [Young, 1974]), and
deposition/condensation nucleation [Meyers et al., 1992]
in mixed-phase clouds. Secondary ice production by ice
splintering between �3� and �8�C is included using the
Hallet-Mossop scheme. Evaporation freezing of droplets in
mixed-phase clouds is not treated because of uncertainties
in the extent of this freezing that might take place in mixed-
phase clouds [Heymsfield et al., 2005]. The Liu and Penner
[2005] parameterization represents the competition between
homogeneous and heterogeneous nucleation pathways. It is
assumed that sulfate particles form ice through homoge-
neous freezing after deliquescence [Koop et al., 2000]. The
ice nuclei for immersion nucleation is assumed to be soot
particles since soot particles are often internally mixed with
soluble species (e.g., sulfate) due to aging in the atmosphere
[e.g., Murphy et al., 2006]. Single particle measurements
found that dust particles are generally insoluble and have
little soluble compounds associated with them [Cziczo et al.,
2004]. Thus we assume that they can act as contact IN for
cloud droplet freezing [Lohmann, 2002], and as deposition/
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condensation IN as represented by the Meyers et al. [1992]
parameterization (we scaled the Meyers et al.’s formula with
a vertical decay function obtained for refractory aerosols in
the INCA [Minikin et al., 2003]). This study focuses on the
influence of anthropogenic aerosols (sulfate and soot) on
cirrus clouds. Mineral dust emissions are assumed constant
between preindustrial and present-day conditions.
[16] While there is a good understanding of ice nucleation

through the homogeneous freezing of sulfate [Sassen and
Dodd, 1988; Koop et al., 2000], there are large differences
reported for the nucleation efficiency of soot particles
[DeMott, 1990; DeMott et al., 1999; Möhler et al., 2005a,
2005b; Dymarska et al., 2006]. Liu and Penner [2005]
derived a threshold relative humidity with respective to
water (RHw) for immersion nucleation using the classical
theory for ice nucleation and a value of 0.5 for the com-
patibility parameter mis (cosine of the contact angle between
the ice germ and solid substrate [Pruppacher and Klett,
1997]), which was represented as

RHwð%Þ ¼ 0:0073 T2 þ 1:477 T þ 131:74: ð2Þ

Accordingly, the threshold RHi is rather insensitive to the
temperature and is of order 120–130% for the temperature
range between �40 and �80�C, close to recent laboratory
data for soot byMöhler et al. [2005a]. To examine the effects
of uncertainties in the heterogeneous ice nucleation thresh-
old RHi for soot particles, we performed a sensitivity test
which used a threshold RHi of 140% to represent a scenario
with less efficient nucleation on soot particles [Dymarska et
al., 2006; DeMott et al., 1999; Möhler et al., 2005b].
[17] Model simulations have shown that homogeneous

nucleation starts later in the presence of heterogeneous IN,
and, as a result, ice number concentrations are decreased due
to the competition between heterogeneous and homogeneous
nucleation as compared to a pure homogeneous nucleation
mechanism [DeMott et al., 1997]. As indicated by Kärcher et
al. [2006], the transition from the pure heterogeneous nucle-
ation regime to the homogeneous-dominated regime occurs
over an order of magnitude in vertical velocities. Liu and
Penner [2005] derived the critical IN number concentration
Ns,c (in units of cm�3) above which only heterogeneous ice
nucleation occurs as

Ns;c ¼ exp
12:884 lnw� 67:69� T

1:4938 lnwþ 10:41

� �
: ð3Þ

Ns,c calculated from equation (3) is comparable to that from
the formulation of Gierens [2003] when the updraft velocity
is higher than 0.2 m s�1 but is much less when the updraft
velocity is lower than 0.1 m s�1. Thus a second sensitivity
test is performed using the Gierens [2003] formulation with
a higher critical IN number concentration for heterogeneous
nucleation. Liu and Penner [2005] allowed an order of
magnitude of transition in the IN soot number. For soot
number less than Ns,c/10, we assumed that ice number from
pure homogeneous nucleation is used. For soot number
between Ns,c/10 and Ns,c, the ice number Ni is interpolated
in-between that for homogeneous nucleation only and that
for heterogeneous nucleation only.

[18] Aircraft measurements of cirrus clouds at midlati-
tudes and in the tropics suggest that there is ubiquitous
mesoscale variability driven by high frequency gravity
waves [Jensen and Pfister, 2004; Hoyle et al., 2005; Haag
and Kärcher, 2004]. The averages of the probability dis-
tributions of temperature fluctuations correspond to cooling
rates on the order of 10 K h�1 (or updraft velocities on the
order of 20–30 cm s�1). To account for these small-scale
temperature fluctuations which are currently unresolved in
global models, but are very important in ice nucleation we
included in LIU07 an assumed subgrid scale variation of the
updraft velocity. This is modeled by adding a Gaussian
distribution with a standard deviation of 25 cm s�1 to the
large scale updraft velocity predicted by the climate model.
We note that more measurements of updraft velocities in
different types of cirrus clouds are needed in order to better
represent this variability.

2.2. The IMPACT Global Aerosol Model

[19] The Lawrence Livermore National Laboratory
(LLNL)/University of Michigan IMPACT model is used in
this study to predict the global distribution of atmospheric
aerosols [Liu et al., 2005; Wang et al., submitted manu-
script, 2008]. The model includes prognostic variables for
sulfur and related species: dimethylsulfide (DMS), sulfur
dioxide (SO2), sulfate aerosol (SO4

2�) and hydrogen perox-
ide (H2O2); biomass burning black carbon (BC) and organic
matter (OM), fossil fuel BC and OM, natural OM, aircraft
BC (soot), mineral dust, and sea salt. Sulfate aerosol is
divided into three size bins with radii varying from 0.01–
0.05 mm, 0.05–0.63 mm and 0.63–1.26 mm, while mineral
dust and sea salt are predicted in four bins with radii varying
from 0.05–0.63 mm, 0.63–1.26 mm, 1.26–2.5 mm, and
2.5–10 mm. Carbonaceous aerosol (OM and BC) is cur-
rently represented by a single submicron size bin. Emissions
of primary particles and precursor gases, gas-phase oxida-
tion of precursor gases, aqueous-phase chemistry, rainout
and washout, gravitational settling, and dry deposition are
treated. The IMPACT aerosol model driven by meteorolog-
ical fields from the NASA Data Assimilation Office (DAO)
has participated in the AEROCOM (http://nansen.ipsl.
jussieu.fr/AEROCOM/) phase A and B evaluations [Kinne
et al., 2006; Textor et al., 2006; Schulz et al., 2006], where it
has been extensively compared with in situ and remotely
sensed data for different aerosol properties.
[20] In the current version of the IMPACT model, aerosol

(sulfate and soot) number concentrations used in the ice
nucleation parameterization are calculated by assuming
aerosol size distributions (geometric mode radius and stan-
dard deviation) derived from measurements typical of upper
tropospheric conditions. Sulfate particles are assumed to
have a lognormal size distribution with a mode radius r0 of
0.02 mm and a distribution width s of 2.3 [Jensen et al.,
1994]. For soot particles emitted from the Earth’s surface
(e.g., biomass burning and fossil fuel combustion), we
assumed a size distribution with a mode radius r0 of
0.07 mm and a distribution width s of 1.5 [Pueschel et al.,
1992]. Aircraft soot has a much smaller size with mode
radius r0 of 0.023 mm and a distribution width s of 1.5
[Petzold and Schröder, 1998], consistent with measurements
showing that BC emitted from surface sources has a much
larger fraction of larger BC particles (accumulation mode
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size range) than BC emitted from the aircraft at cruise alti-
tudes [Petzold et al., 1999].
[21] We coupled the IMPACT aerosol model with the

CAM3 model using MPH (the Multicomponent Handshak-
ing Library; Wang et al., submitted manuscript, 2008). The
two model components of the coupled system (hereafter
CAM-IMPACT) are concurrently run in MPMD (Multiple
Processors Multiple Data) to provide feedbacks between
aerosol concentrations and their effects on ice and variables
in the climate model (e.g., air temperatures, water vapor,
cloud fraction, cloud ice mass mixing ratio, radiation, etc.).
A detailed description of the aerosol fields simulated from
the CAM-IMPACT model and an evaluation with observa-
tions is given in Wang et al. (submitted manuscript, 2008).

3. Model Results

[22] Model simulations with the modified CAM3 model
(LIU07) coupled to the IMPACT aerosol model were
conducted with both present-day (PD) and preindustrial
(PI) emissions at 2� � 2.5� horizontal resolution with 26
vertical levels over a period of 5 years after an initial spin-up
of 4 months. Climatological sea surface temperatures (SSTs)
from 1950–2000 were used. Results from the last 5 years
are presented. PD emissions for the aerosol model include
fossil fuel SO2 by Smith et al. [2004] (with 61.3 Tg S a�1),
fossil fuel and biomass burning carbonaceous aerosols by
Ito and Penner [2005] (15.7 Tg OM and 5.8 Tg BC a�1

from fossil fuel combustion and 47.4 Tg OM and 4.7 Tg
BC a�1 from biomass burning), and aircraft soot emissions
for 1992 (0.0059 Tg C a�1 derived from the aviation fuel
use scenario by Baughcum et al. [1996] together with a soot
emission index of 0.4 g kg�1). PI emissions include fossil
fuel SO2 for 1850 (1.51 Tg S a�1 from the work of Smith et
al., 2004), and fossil fuel and biomass burning carbona-
ceous emissions for 1870 from the work of Ito and Penner
[2005] (5.09 Tg OM and 0.77 Tg BC a�1 from fossil fuel
combustion, and 17.9 Tg OM and 1.75 Tg BC a�1 from
biomass burning). Natural emissions include volcanic emis-
sions of SO2 (4.79 Tg S a�1 from the work of Andres and
Kasgnoc, 1998), dimethyl sulfide (DMS) from the oceans
(26.1 Tg S a�1 from the work of Kettle and Andreae, 2000),
natural OM from vegetation (taken to be 9% of the terpene
emissions by Guenther et al., 1995 totaling 14.5 Tg a�1)
and are constant in the PD and PI simulations. Sea salt
emissions are calculated online in the coupled model using
the method defined by Gong et al. [1997] and 10 m wind
speeds from CAM3. The 10 m wind speeds are interpolated
from a logarithmic profile in CAM3 with a bottom layer
thickness of about 100 m. In this paper, the online dust
emissions were turned off because the seasonal variation of
dust concentrations near the Sahara desert were not correct-
ly represented which may be due to the surface wind
simulation at this location in CAM3. Instead, we used the
dust emission fluxes at every 6 hours provided by Ginoux
(private communication, 2004) for the year 1998 based on
the algorithm of Ginoux et al. [2001] with a total emission
of 2396 Tg a�1.
[23] Two scenarios are considered for the pair of PD and

PI simulations: in the first scenario we assume that ice
nucleation in cirrus clouds is dominated by homogeneous
nucleation (simulation HOM). For this we turn off hetero-

geneous ice nucleation in the Liu and Penner [2005]
parameterization. In the second scenario heterogeneous
nucleation is turned on allowing competition between
homogeneous and heterogeneous ice nucleation (simulation
HET).

3.1. Global Distribution of Sulfate and Soot Aerosol
Concentrations

[24] The anthropogenic component of sulfate and
carbonaceous aerosols has substantially increased the
global mean aerosol burden from preindustrial times to
the present. The global annual mean sulfate burden calcu-
lated from the coupled CAM-IMPACT model increases
from 0.29 Tg S in the preindustrial simulation to 0.72 Tg S
in the present-day simulation. The global annual mean
burden of BC emitted from surface sources increases from
0.038 Tg to 0.16 Tg and the BC burden from aviation is
0.00031 Tg.
[25] Figure 1 shows a comparison of the present-day

sulfate and BC concentrations with those in the preindustrial
simulation obtained from the coupled model. Sulfate and
BC concentrations increase by more than a factor of 3 in the
Northern Hemisphere (NH) midlatitudes and extratropical
upper troposphere (at 300–400 hPa). Anthropogenic sulfate
and BC are transported toward the southern hemispheric
(SH) upper troposphere via the large scale circulation,
resulting an increase of sulfate concentration in the SH (at
200–400 hPa) by a factor of �2 and increase of the BC
concentration by more than a factor of 3. In the tropical
upper troposphere the sulfate increase is less prominent than
that of BC due to the more efficient wet removal of sulfate
in deep convective clouds. The BC increase in the tropical
upper troposphere depends on the wet removal and thus the
hygroscopicity of BC. In the model we assumed a lower BC
scavenging efficiency (with a value of 0.3) than that of
sulfate (with a value of 1.0). Clearly these changes in sulfate
and BC concentrations may have important implications for
upper tropospheric clouds (cloud ice number, IWC and
cloud fraction) via ice nucleation on these aerosols, which
may further impact water vapor, air temperature, etc.,
through climate feedbacks.
[26] Figure 2 shows the annual average zonal mean BC

mass and number concentrations from anthropogenic surface
sources (PD minus PI) and from aircraft. The zonal mean
BC concentrations from surface anthropogenic sources for
the pressure range between 200 and 300 hPa in the NH vary
from 1 to 10 ng m�3. The maximum zonal mean contribu-
tions from aircraft to the BC mass concentration ranges
from 0.1 to 1 ng m�3 and occur in the NH midlatitude and
high latitude UT/LS (in the layer between 100 and 400 hPa).
These perturbations are in the same ranges as those docu-
mented by Danilin et al. [1998] and Rahmes et al. [1998],
and are larger than the values reported by Hendricks et al.
[2004] which were 0.01–0.05 ng m�3. The calculated
percentage contribution of aircraft to the total BC mass
concentration is generally less than 10% in the NH midlat-
itude and high latitude UT/LS, which is consistent with
results from the work of Hendricks et al. [2004]. The
number concentrations of surface BC and aircraft BC are
calculated from mass concentrations using surface and
aircraft soot size distributions derived from measurements
(section 2.2). The zonal mean BC number concentrations
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from surface anthropogenic sources at 200–300 hPa typi-
cally ranges between 0.3 and 3 cm�3 and generally exceed
1 cm�3 in the NH midlatitude and high latitude. This result
is very close to that calculated by Hendricks et al. [2004]
who also assumed a constant number-to-mass ratio for BC
from surface sources. Our calculated zonal mean aircraft
BC number concentrations near 250 hPa reach 1cm�3 in
the NH midlatitude and high latitude, comparable to those
from the surface anthropogenic sources. Thus aviation con-
tributes 40–50% of the total BC number concentration in
these NH regions at 200–300 hPa. Hendricks et al. [2004]
suggested an increase in the UT/LS BC number concentra-
tion of more than 30% due to aviation in regions highly
frequented by aircraft.
[27] Figure 3 shows a comparison of model predicted BC

concentrations with the observational data from the works
of Blake and Kato [1995] (BK95) and Baumgardner et al.
[2003] (BEA03). The BK95 data set includes BC concen-
trations measured from aircraft in the UT/LS during differ-
ent field campaigns at various locations derived from wire

impactor samples which did not take into account the fractal
shape of BC particles and particle bounce. Strawa et al.
[1999] showed that the BK95 data underestimate the BC
concentration by a factor of 6.15 on average. Therefore we
have applied a factor of 6.15 to the BK95 data to compare
with model values. Figure 3 also includes a comparison
with the aircraft measurements of light absorption particles
by Baumgardner et al. [2003] (BEA03) in the UT/LS over
the North Atlantic and the Arctic Sea during the winter
episode in 2003. A newly developed single particle soot
photometer was used in these measurements and the uncer-
tainty of this method is ±50%. From Figure 3, the model
qualitatively captures the spatial variation of BC concentra-
tions observed by BK95, although there is still a systematic
overestimation. However, considering the large uncertain-
ties in the BK95 data, we consider this comparison reason-
able. The modeled BC concentration agrees better (within a
factor of 2) with the more recent measurements by BEA03.
Clearly more measurements are needed to constrain the con-
centrations of BC in the UT/LS.

Figure 1. Model predicted annual average zonal mean mass concentrations (mg m�3) of sulfate aerosol
(top) and BC (bottom) for (left) present-day and (right) preindustrial day conditions. In Figure 1 and
hereafter, the ‘‘white’’ region in Figure 1 is for values equal or less than the lowest value of color table.
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Figure 2. Annual average zonal mean distributions of (top) mass (ng m�3) and (bottom) number
concentrations (cm�3) of anthropogenic BC from (left) surface and (right) from aircraft sources predicted
by the coupled model.

Figure 3. Comparison of modeled UT/LS BC concentrations with in situ aircraft measurements of BC
by Blake and Kato [1995] (BK95) for different geographical locations and months and Baumgardner et
al. [2003] (BEA03) for the northern high latitudes and winter season. A scaling factor of 6.15 is applied
to BK95 data according to Strawa et al. [1999]. The solid diagonal line is 1:1, and the dashed lines are
10:1 or 1:10.
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3.2. Influence of Anthropogenic Sulfate Aerosol on
Upper Tropospheric Cloud Ice and Water Vapor

[28] Figure 4 shows the annual average zonal mean cross
sections of grid-averaged cloud ice number concentration,
grid-averaged cloud ice mixing ratio and cloud cover for the
HOM scenario (simulation PD) and for the difference
between the PD and PI (PD-PI) simulations. Ice nucleation
in the tropical upper troposphere and over polar regions
produces maxima in the number concentrations of cloud ice
due to the extremely low temperatures (less than �70�C)
and high relative humidities, while the cloud ice mixing

ratio maxima appear at lower altitudes. The simulated in-
cloud ice crystal number concentrations are mostly within
the range of 0.01–1 cm�3. This represents a small number
percentage (less than 1%) of the total sulfate particles which
are nucleated as ice crystals (shown in Figure 5c). This
percentage is higher (0.1–1%) in the tropical upper tropo-
sphere and over polar regions. Dowling and Radke [1990]
summarized the microphysical data of cirrus from a wide
number of projects before 1990 and found crystal number
concentrations ranging from 10�7 to 10 cm�3, which were
widely scattered. Recent measurements of ice number con-

Figure 4. Annual average zonal mean cross sections of grid-averaged cloud ice number (cm�3), cloud
ice mass mixing ratio (mg kg�3), and cloud cover (%) for the PD HOM simulation and the PD-PI
difference.
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centrations are in the range from 0.01 to 10 cm�3. However,
there are still questions about whether these high ice number
concentrations are predominantly artifacts of shattering in
the instrument inlets [McFarquhar et al., 2007].
[29] Anthropogenic sulfate aerosol transported from mid-

latitudes by the general circulation contributes to an increase
in cloud ice number in the upper troposphere, most appar-
ently in the tropical tropopause and over the Antarctic
(Figure 4). The effect of increases in aerosol number
concentrations on homogeneous ice nucleation is more
important when temperatures are lower and updraft veloc-
ities are higher [Kärcher and Lohmann, 2002b; Liu and
Penner, 2005]. The cloud ice number concentration near the
tropical tropopause increases by 10% while that over the
Antarctic increases by 20–30% due to a factor of 2 increase
in the sulfate amount (see Figure 1). There is no significant
change in cloud ice mixing ratio except below 500 hPa in
the NH high latitudes where the increase over the Arctic and
the reduction near 70�N can reach 10%. This strong
increase over the Arctic is correlated with the increase in
cloud cover there, which may be due to an amplification of
climate variability near the North Pole [Thompson and
Wallace, 2001; Moritz et al., 2002]. Cloud cover near the
tropical tropopause increases by 3–5%. Global total and
high cloud cover increases by a very small percentage

(�0.3%; Table 1). Temperatures in the upper troposphere
over the Arctic increase by 1–2 K (shown in Figure 5),
which is correlated with the increase in ice number concen-
tration there (see Figure 4, top right). Increased cloud ice
number near the tropical tropopause due to anthropogenic
sulfate reduces the effective radius of cloud ice. Therefore
ice is removed by sedimentation less readily and the air is
dried less efficiently. This causes a slight warming (< 0.5 K)
near the tropical tropopause due to the increased radiative
heating from more cirrus clouds [Boville et al., 2006] and
the increased water vapor mixing ratio which is increased
by �10% (or 0.3 ppmv) in the tropical lower stratosphere.
This is smaller than the increase (0.5 ppmv) between 1950
and 2000 due to anthropogenic sulfate that was calculated
by Notholt et al. [2005]. The short-wave (SWCF) and long-
wave (LWCF) cloud forcing changes by 0.30 ± 0.17 W m�2

(less negative) and 0.20 ± 0.09 W m�2 (more positive),
respectively, between PD and PI. The reduction in the
SWCF results from a decrease in cloud ice mixing ratio
near 70�N as well as in the tropics as seen in Figure 4.

3.3. Influence of Anthropogenic Soot Aerosol on Upper
Tropospheric Cloud Ice and Water Vapor

[30] Both homogeneous and heterogeneous ice nucleation
and their competition are allowed in the simulation HET

Figure 5. Annual zonal mean latitude versus pressure cross sections of (a) specific humidity relative
difference (%), (b) temperature absolute difference (K) between the two simulations PD and PI, and
(c) sulfate number fraction (%) nucleated as ice crystals for the scenario HOM.
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with a threshold RHi for heterogeneous ice nucleation of
120–130% for soot particles [Liu and Penner, 2005]. It is
noted that the role of soot particles in ice nucleation is still
unknown [Kärcher et al., 2007] and the HET scenario
would be regarded as an upper limit to the possible effects
of soot particles on cirrus clouds and water vapor, since
heterogeneous soot nucleation may take place at a higher
RHi. Figure 6 shows the annual average zonal mean changes
in ice crystal number concentration, cloud ice mixing ratio

and cloud cover between PD and PI for the HET scenario.
Cloud ice number increases by a factor of 2 over polar
regions due to the nucleation of anthropogenic soot trans-
ported from the midlatitudes (see Figure 1) and due to the
extremely low temperatures over the poles. There is a
general increase in cloud ice mixing ratio in the upper
troposphere, especially in the tropics and extratropics where
increases can reach 10%. This is consistent with the slower
sedimentation of cloud ice with smaller sizes. Cloud ice

Table 1. Global Annual Mean Changes in Liquid Water Path; Ice Water Path; Short-Wave, Long-Wave, and Net

Cloud Forcing; Clear-Sky Outgoing Long-Wave Radiation; and Total and High Cloud Cover Between Present-

Day and Preindustrial Simulations for HOM, HET, RHI, and NIC With Interannual Variations (Standard

Deviations)a

HOM HET RHI NIC

DLWP, g m�2 �0.02 ± 0.73 2.88 ± 1.14 0.16 ± 0.68 2.10 ± 0.73
DIWP, g m�2 0.02 ± 0.10 0.11 ± 0.14 0.01 ± 0.06 0.04 ± 0.09
DSWCF, W m�2 0.30 ± 0.17 �1.14 ± 0.39 0.25 ± 0.15 �0.72 ± 0.16
DLWCF, W m�2 0.20 ± 0.09 1.67 ± 0.11 0.45 ± 0.12 1.62 ± 0.08
DCF, W m�2 0.50 ± 0.11 0.53 ± 0.40 0.70 ± 0.21 0.91 ± 0.17
DFLNTC, W m�2 �0.06 ± 0.10 �0.46 ± 0.09 �0.10 ± 0.12 �0.46 ± 0.11
DCLDTOT, % 0.28 ± 0.30 1.70 ± 0.12 0.40 ± 0.32 1.72 ± 0.13
DCLDHGH, % 0.32 ± 0.31 2.51 ± 0.20 0.54 ± 0.22 2.70 ± 0.23

aLWP, liquid water path; IWP, ice water path; SWCF, short-wave cloud forcing; LWCF, long-wave cloud forcing; CF, net
cloud forcing; FLNTC, clear-sky outgoing long-wave radiation; CLDTOT, total cloud cover; CLDHGH, high cloud cover.

Figure 6. Annual average zonal mean cross sections of (top) cloud ice number difference (cm�3),
(middle) cloud ice mass mixing ratio difference (mg kg�3), and (bottom) cloud cover difference (%)
between PD and PI simulations for HET, RHI, and NIC.
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mixing ratio is reduced beneath these regions. Cloud cover
is also enhanced in most of the upper troposphere with
global high cloud cover increased by 2.5% (see Table 1).
SWCF and LWCF change by �1.14 ± 0.39 (cooling) and
1.67 ± 0.11 W m�2 (warming), respectively, between the
PD and PI simulations. Comparing the HET with the HOM
scenario (with only the effect of sulfate), anthropogenic soot
aerosol (from surface and aircraft sources) increases both
the SWCF (more negative) and the LWCF (more positive)
by approximately the same amount (�1.5 W m�2). The net
cloud forcing (CF) change is 0.53 ± 0.40 W m�2 (warming)
for the HET scenario. It is noted that these forcing changes
include the climate feedbacks between cloud ice effective
sizes (and thus cirrus cloud optical properties), ice gravita-
tional settling, and changes in cloud ice mixing ratio, water
vapor, and cloud cover. The above radiative forcing does
not include changes in mixed-phase clouds associated with
the Bergeron-Findeisen process since we do not consider
changes in ice number concentrations in mixed-phase
clouds due to anthropogenic aerosols (sulfate and soot).
[31] Figure 7 shows the frequency distribution of cloud

ice number concentrations and ice effective radii in the
upper troposphere with temperatures less than �35�C and
within 20�S and 20�N in the PD and PI simulations for
HET. Clearly, cloud ice number concentrations (grid aver-
aged) increase and the frequency distribution moves toward
larger number concentrations in the PD simulation. There
are two peaks in the frequency distribution of cloud ice

effective radius. The peak at smaller radius is associated
with cirrus clouds formed near the tropical tropopause with
higher ice number concentrations (see Figure 6, top), and
peak at the larger radius occurs at lower altitudes in
appropriately the same locations as the maximum cloud
ice mass mixing ratio (Figure 4). The frequency distribution
associated with the lower radius is shifted toward a smaller
radius (by �15%) due to anthropogenic aerosols.
[32] Figure 8 shows the changes in water vapor mixing

ratio and air temperature between the PD and PI simulations
for the HET scenario. The zonal mean water vapor mixing
ratio in the lower stratosphere increases by 20–45% be-
tween the preindustrial and present-day simulations. This
results mainly from the higher temperatures at the tropical
tropopause which increases the water vapor saturation
pressure at the cold trap. Temperatures near the tropopause
are warmer by 1–2 K due to the increased radiative heating
by ice clouds with their larger numbers of smaller ice
particles (Figure 7).

3.4. Sensitivity Tests for Heterogeneous Ice Nucleation

[33] There are still large uncertainties associated with the
importance of heterogeneous nucleation on soot in cirrus
cloud formation due to a lack of information on the
nucleation properties of soot [Kärcher et al., 2007]. There-
fore we conducted two sensitivity tests on ice nucleation for
the pair of PD and PI simulations: in the first test (RHI) the
threshold RHi for heterogeneous ice nucleation was in-
creased from the control run (HET; 120–130% as a weak
function of temperature) to 140% to represent less efficient
ice nucleation on soot. In the second test (NIC) we used the
Gierens [2003] critical IN number concentration (as a
function of temperature and updraft velocity) instead of
that from the work of Liu and Penner [2005]. To examine
the possible impact of higher RHi associated with subgrid
scale variability in updrafts, we performed a third sensitivity
test by adding 20% to the calculated RHi in determining the
number of ice crystals nucleated.
[34] With the higher threshold RHi of 140% for soot

nucleation, the changes in the cloud ice number between
the PD and PI simulations are substantially reduced over the
polar regions and near the tropical tropopause (Figure 6).
The same is true for the cloud ice mixing ratio and cloud
fraction in the upper tropophere except over the poles.
Global total and high cloud cover increase by 0.4 and
0.5%, respectively, between the PD and PI (Table 1). Water
vapor changes by less than 10% in the lower stratosphere,
and temperatures by less than 0.5 K near the tropical
tropopause (Figure 8). The global SWCF and LWCF change
due to anthropogenic sulfate and BC is 0.25 ± 0.15 (warm-
ing) and 0.45 ± 0.12 W m�2 (warming), respectively,
between the PD and PI simulations. Soot particles alone
contribute to the LWCF increase by 0.25 W m�2, compar-
ing the LWCF change in the RHI scenario to that in the
HOM scenario. The change in the global mean SWCF
between the HOM and RHI simulations is similar (Table 1).
[35] With a different formulation for the critical IN num-

ber concentration [Gierens, 2003] (simulation NIC), the
pattern in the changes of cloud ice number concentration
and mixing ratio, cloud cover, water vapor and temperatures
between the PD and PI simulations is very similar to those
from the HET simulations (see Figures 6 and 8). The change

Figure 7. Frequency distribution of (a) cloud ice number
concentrations (L�1) and (b) ice effective radii (mm) in the
upper troposphere with temperature less than �35�C and
within 20�S and 20�N in the PD and PI simulations for the
HET scenario.
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in cloud ice number concentration is reduced over the
Antarctic. The global mean changes are very close between
the HET and NIC scenarios except that the magnitude in the
SWCF change is reduced from �1.14 ± 0.39 to �0.72 ±
0.16 W m�2 (see Table 1).
[36] When the RHi is increased by 20% in the calculation

of nucleation, ice nucleation occurs much more frequently
compared to the HET scenario, and zonal mean cloud ice
number concentrations increase significantly. Global mean
high-cloud fraction increases 4.5%. SWCF and LWCF
increase by �11 W m�2 for the PD simulation although
the net CF change is negligible. Changes in cloud properties
(cloud cover, cloud ice mixing ratio and number), and water
vapor and temperature in UT/LS between the PD and PI
simulations are more dramatic than in the HET scenario.
Clearly a better treatment of the subgrid scale variability of
RHi is needed which could link not only to ice nucleation
but to other aspects of cloud macrophysics (e.g., cloud
cover) and microphysics.

4. Indirect Forcing by Anthropogenic Sulfate
and Soot on Cirrus Clouds

[37] The previous section shows the anthropogenic aero-
sol influence on cirrus clouds by comparing the PD and PI
simulations. The change in clouds is due to the combined
effects of different aerosol components. In this section the
indirect forcing of individual aerosol components (sulfate,
surface soot, and aircraft soot) is calculated and given in
Table 2. For these calculations, the present-day simulations
are repeated, but with the present-day industrial emissions

for sulfate (simulation PD-so4), for surface soot (simulation
PD-sfcsoot), and for aircraft soot emission (simulation PD-
airsoot) removed. The cloud forcing differences between the
PD simulations and these simulations are calculated for the
forcing of the individual aerosol components. The above
simulations are performed for both HET (with lower het-
erogeneous RHi threshold) and RHI scenarios (with higher
heterogeneous RHi threshold).
[38] From Table 2, the changes in the SWCF and LWCF

due to soot from surface sources are �1.13 ± 0.26 and
1.35 ± 0.15 W m�2, respectively if surface soot can act as
an efficient IN in the HET scenario, and are reduced
significantly to 0.22 ± 0.42 and 0.17 ± 0.18 W m�2,
respectively, if surface soot is less efficient as an IN in
the RHI scenario. The change in the LWCF due to soot from
aviation (aircraft soot) is 0.12 ± 0.17 and 0.06 ± 0.16 W
m�2, respectively, for the HET and RHI scenarios. The sum
of the two LWCF changes due to surface soot and aircraft
soot is 1.47 and 0.23 W m�2, respectively, for the HET and
RHI simulations, which are almost the same as those
calculated for the total anthropogenic soot aerosol effects
(including surface and aircraft soot) on the LWCF in
section 3 (i.e. 1.47 W m�2 for HET and 0.25 W m�2 for
RHI from the difference between the HET and RHI simu-
lations and the HOM simulation in Table 1). The SWCF
changes are positive (warming) in the RHI scenario (related
to the reduction in the cloud ice mixing ratio). However, the
interannual variability is comparable or even larger. The
LWCF change due to anthropogenic sulfate is smaller
(0.08 ± 0.15 W m�2 for HET and 0.01 ± 0.14 W m�2 for
RHI) than that derived for the HOM scenario (0.20 ±

Figure 8. Annual average zonal mean cross sections of (top) specific humidity relative difference (%)
and (bottom) temperature absolute difference (K) between PD and PI simulations for HET, RHI, and NIC.
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0.09 W m�2) because the change in ice number concentra-
tion due to sulfate in the HET and RHI scenarios is smaller
than in the HOM scenario. The cloud forcing changes due
to all anthropogenic aerosols listed in Table 2 are those
presented in section 3.
[39] Figure 9 shows cloud ice number changes due to soot

from surface and from aircraft sources, which are calculated
from the differences between the PD and PD-sfcsoot sim-
ulations and between the PD and PD-airsoot simulations,
respectively. Surface soot increases cloud ice number by
30–50% in the extratropics in both hemispheres and near
the tropical tropopause in the HET scenario assuming soot is
an efficient IN (there is a reduction in ice number in some
regions of the tropics due to the competition between soot
and sulfate nucleation). Soot from aircraft sources also

increases the cloud ice number in both hemispheres in
the polar regions and in the NH extratropics. In the RHI
scenario, where soot is a less efficient IN, surface and air-
craft soot only increase ice number significantly in the NH
extratropics with an �20% reduction in the tropics associ-
ated with surface soot.
[40] Figure 10 shows the change in the net cloud forcing

resulting from the perturbation by anthropogenic soot (both
from surface and aircraft sources) and by all anthropogenic
aeorosls (sulfate and soot) for the scenario HET between the
PD and PI simulations. Regions where the forcing change is
statistically significant using a Student’s t test at the 90%
confidence interval are cross hatched (we used the 90%
level because of the small sample number which is 5). In
contrast to the indirect effect of anthropogenic aerosol on

Table 2. Global Mean SWCF, LWCF, and Net Cloud Forcing Changes and Interannual Variability (Standard Deviation) Due to

Anthropogenic Aerosols (Surface Soot, Aircraft Soot, and Sulfate)a

Surface Soot Aircraft Soot Sulfate All Aerosols

DSWCF, W m�2 HET �1.13 ± 0.26 �0.23 ± 0.27 �0.07 ± 0.27 �1.14 ± 0.39
RHI 0.22 ± 0.42 0.20 ± 0.25 0.31 ± 0.27 0.25 ± 0.15

DLWCF, W m�2 HET 1.35 ± 0.15 0.12 ± 0.17 0.08 ± 0.15 1.67 ± 0.11
RHI 0.17 ± 0.18 0.06 ± 0.16 0.01 ± 0.14 0.45 ± 0.12

DCF, W m�2 HET 0.22 ± 0.24 �0.11 ± 0.27 0.01 ± 0.36 0.53 ± 0.40
RHI 0.39 ± 0.35 0.26 ± 0.14 0.31 ± 0.26 0.70 ± 0.21

aValues for both HET and RHI scenarios are included.

Figure 9. Annual average zonal mean cross sections of cloud ice number differences (cm�3) resulting
from (left) anthropogenic surface soot and (right) aircraft soot for the (top) HET and (bottom) RHI
scenarios.
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Figure 10. Annual net cloud forcing change (in unit of W m�2) resulting from perturbation by
anthropogenic soot from surface (top) and from aircraft sources (middle) and by all anthropogenic
aerosols (bottom) for scenario HET. The cross-hatched areas depict the regions where forcing change is
statistically significant with a Student’s t test.
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liquid-water clouds where the zonal mean flux changes
exceeds the standard deviations in the NH low and midlat-
itudes [e.g., Ming et al., 2007], the aerosol soot perturbation
on ice clouds from the HET scenario is only statistically
significant at high latitudes in the case of surface soot and in
the NH high latitudes of Europe for the aircraft soot
simulation. Regions with a significant change are generally
associated with positive forcing. The overall forcing is
stronger and areas where forcing change is statistically
significant larger in the Arctic and in the tropics than the
forcing due to surface soot alone (Figure 10, compare top
and bottom). In the RHI scenario (Figure 11) the net cloud
forcing change due to the soot effect and due to all
anthropogenic aerosols is smaller at high latitudes. The
net cloud forcing change is significant in the SH high
latitudes, part of Greenland and some regions of the
subtropics where there is a radiative warming by surface
soot. The net forcing change due to aircraft soot is generally
insignificant in the RHI scenario.

5. Discussion

[41] We compare our results with simulations from
Penner et al. [2008] who used an offline version of the
aerosol and meteorological fields from the IMPACT aerosol
model and CAM3 to calculate cloud ice number concen-
trations and the resulting cloud forcing changes due to
anthropogenic aerosols. Both the mass-only version and
the three-mode version of the IMPACT aerosol model were
used. Two ice nucleation parameterizations were used: Liu
and Penner [2005] and Kärcher et al. [2006]. When apply-
ing Kärcher et al.’s [2006] parameterization, Penner et al.
[2008] ran a cloud parcel model starting with 100% RHi

within cloud and tracked the rising parcel for 30 minutes (or
until a maximum in the calculated RHi is reached, whichever
is first) to determine ice nucleation. When applying the Liu
and Penner [2005] parameterization, the threshold RHi for
both homogeneous and heterogeneous ice nucleation (e.g.,
equation (2)) was abandoned and the threshold soot number
and temperature were used to differentiate between homo-
geneous and heterogeneous nucleation (i.e., equation (3)). In
the mass-only simulations with the Kärcher et al. [2006]
treatment as well as the three-mode simulations with both the
Kärcher et al. [2006] and Liu and Penner [2005] treatments
homogeneous nucleation dominates in the PI simulation and
cloud ice number concentration is reduced in the NH above
200 hPa due to anthropogenic surface soot. The global
annual average LWCF and net cloud forcing changes be-
tween the PD and PI simulations are negative. In the mass-
only simulation with the Liu and Penner [2005] parameter-
ization, the global annual averaged LWCF and net cloud
forcing changes between the PD and PI simulations are
positive, but significantly smaller than those found here.
This is because homogeneous nucleation dominates to a
greater extent than that calculated here, where the grid
average RHi is used with the Liu and Penner [2005]
parameterization. We note that the CAM simulations
reported here significantly underestimate the occurrence of
high supersaturations compared with the MOZAIC obser-
vations (LIU07). Another important difference between the
current study and that of Penner et al. [2008] is that this
study allows cloud feedbacks which cause an increase in

high-cloud fraction due to anthropogenic aerosols (see
Figure 6 and Table 1). Since long-wave cloud forcing is
dominant for cirrus clouds, a positive net cloud forcing in
this study is also associated with the increased cloud amount
in addition to changes in cloud ice number and sizes due to
anthropogenic aerosols. Nevertheless, both studies suggest
the importance of understanding the ice nucleation proper-
ties of soot in order to understand their global climate
impact.
[42] In this study, the effect of soot emitted from aircraft

on cirrus clouds and their radiative forcing is calculated. It is
found that aircraft soot can increase ice number concen-
trations by 30% in the NH extratropics (north of 50�N)
when it is an efficient IN (HET scenario). This is consistent
with the 10–60% increase in cloud ice number concen-
trations from the work of Hendricks et al. [2005], when they
assumed that all aircraft soot particles can nucleate ice. Our
calculated LWCF perturbation due to aircraft soot is 0.12 ±
0.17 W m�2. However, the cloud ice number concentration
change is less than 10% in the NH extratropics and change
in the LWCF is only 0.06 ± 0.16 W m�2 when soot requires
a higher threshold RHi for nucleation (140%). It is noted
that in this study we are using a different aircraft emission
inventory than that by Hendricks et al. [2005]. Our total
emission is 0.0056 Tg C a�1 for the year 1992 compared to
0.0047 Tg C a�1 from the work of Hendricks et al. [2004].
In addition, the emissions used by Hendricks et al. [2004]
had larger emission indices (defined as the amount of soot
released per burnt mass of fuel) for soot emissions rates
close to the ground and a lower emission index in the
midtroposphere and upper troposphere than that for our
inventory. Thus a lower aircraft soot impact on upper
tropopheric clouds may be expected had we used the
Hendricks et al.’s [2004] emissions.
[43] This study shows the large sensitivity of aerosol

radiative forcing in cirrus clouds to the ice nucleation
efficiency of soot particles. As indicated by Mitchell et al.
[2008], the sensitivity of ice fall speed to ice particle size
may be underestimated in CAM3. Changes in ice particle
size and fall speed were shown to have large impacts on
cirrus clouds through climate feedbacks to cirrus clouds
[Mitchell et al., 2008; Sanderson et al., 2008]. Thus the
radiative forcing of anthropogenic aerosols on cirrus clouds
and the uncertainty associated with the forcing can be larger
than that suggested in this study. This points out the
importance of a better treatment of the ice particle size
distribution, shape and fall speed in climate models.
[44] Our treatment of cloud condensates is based on the

double-moment method, i.e., the mass and number of cloud
condensates are predicted. Ice nucleation is one of the terms
in the prognostic equations and is derived from a detailed
cloud parcel model simulation with a size-resolved treat-
ment for both the aerosol and the ice nucleation processes.
We note that if a discrete size-resolved treatment of aerosols
and cloud condensates were used in this study, the radiative
forcing might change. However, the purpose of this study is
to demonstrate the possible magnitude of cloud forcing and
the large uncertainty in the radiative forcing associated with
the ice nucleation treatment. Certainly different cloud mi-
crophysics treatments or climate models may lead to
changes in the forcing so that it would be useful to repeat
this study using other climate models.
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Figure 11. Same as Figure 10, but for scenario RHI.
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[45] In this study, climatological SSTs were used in our
simulations. Thus the temperature changes to the oceans due
to changes in clouds are not treated. Changes to SSTs would
affect both the water vapor and UTLS temperature change
predictions. The main focus of this study is not on climate
feedbacks, but rather on the cloud radiative forcing caused
by aerosol-cirrus interactions, and we also document the
large sensitivity of water vapor and changes in the UTLS
temperature to ice nucleation. It is very likely that allowing
changes to the SSTs will result in larger water vapor and
temperature changes through cloud feedbacks. Thus a more
accurate prediction of the change in water vapor and UTLS
temperature will require using a coupled atmosphere and
ocean model, e.g., CCSM [Collins et al., 2006].

6. Summary and Conclusions

[46] In this study, the influence of anthropogenic aerosols
(sulfate and soot) on upper tropospheric cirrus clouds and
water vapor was examined using the modified NCAR
CAM3 climate model which accounts for ice supersatura-
tion and ice nucleation on aerosols coupled to a global
aerosol model (IMPACT). Two simulation scenarios are
considered for pairs of PD and PI simulations with different
anthropogenic aerosol emissions. In HOM, it is assumed
that homogeneous ice nucleation on sulfate dominates ice
nucleation in upper tropospheric cirrus clouds, and in HET,
both the homogeneous and heterogeneous ice nucleation are
allowed to take place and compete with each other. Two
additional sensitivity tests were performed to study the
effect of the threshold RHi for heterogeneous ice nucleation
and the critical IN number concentration that determines the
transition from homogeneous nucleation to heterogeneous
nucleation.
[47] In the HOM scenario, anthropogenic sulfate results

in an increase in cloud ice number by 20–30% over the
Antarctic and by 10% over the tropical upper troposphere
between the PD and PI simulations. Cloud cover near the
tropical tropopause increases by 3–5%, and temperature
increases by less than 0.5 K. Lower stratosphere water
vapor increases by �10% (or 0.3 ppmv) which is a result
of the warming near the tropical tropopause associated with
the higher cloud ice number concentrations there. This
result is smaller than the increase (0.5 ppmv) between
1950 and 2000 due to anthropogenic sulfate calculated by
Notholt et al. [2005]. The change in the SWCF and LWCF
is 0.30 ± 0.17 W m�2 (less negative) and 0.20 ± 0.09 W
m�2 (more positive), respectively.
[48] In the HET scenario with competition between ho-

mogeneous and heterogeneous ice nucleation and with a
threshold RHi of 120–130% for heterogeneous ice nucle-
ation on soot, cloud ice number increases by a factor of 2
over the polar regions between the PD and PI simulations
due to efficient nucleation on anthropogenic soot trans-
ported from midlatitudes. The general increase in ice
number from PI to PD due to anthropogenic soot implies
that ice nucleation is dominated by heterogeneous nucle-
ation in both PD and PI simulations in the HET scenario
when soot is an efficient IN. Cloud ice mass mixing ratio
increases by 10% in the tropical and extratropical upper
troposphere and decreases below these regions. Global high
cloud cover is enhanced by 2.5%. The change in the SWCF

and LWCF is �1.14 ± 0.39 (cooling) and 1.67 ± 0.11 W
m�2 (warming), respectively. Compared with the HOM
simulation, anthropogenic soot increases the change in the
LWCF by 1.5 W m�2 (with 1.35 W m�2 from surface soot
and 0.12 W m�2 from aircraft soot). The tropical tropopause
temperature increases by 1–2 K and lower stratospheric
water vapor increases by 20–45%.
[49] The influence of soot is significantly reduced when a

higher threshold RHi for ice nucleation (140%) is used.
Global high cloud cover increases by 0.5% between the PD
and PI simulations (Table 1). Water vapor increases by less
than 10% in the lower stratosphere, and the temperature
increases by less than 0.5 K near the tropical tropopause.
The change in the global average SWCF and LWCF due to
anthropogenic aerosols is 0.25 ± 0.15 (warming) and 0.45 ±
0.12 W m�2 (warming), respectively, between the PD and
PI simulations. Comparing these changes with those from
the HOM scenario with only the sulfate effect, soot particles
contribute to an increase in LWCF by 0.23 W m�2 (with
0.17 W m�2 from surface soot and 0.06 W m�2 from
aircraft soot). The change in the global mean SWCF is
similar between the HOM and RHI simulations. Our results
reinforce the importance of understanding of the ice nucle-
ation efficiency by soot particles [Kärcher et al., 2007] from
the point view of their influence on cirrus clouds and UT/LS
water vapor. We do not find a high sensitivity to the critical
IN number concentration for the transition from homoge-
neous to heterogeneous ice nucleation. This is probably due
to the fact that the two formulations used for determining
the critical IN number [Liu and Penner, 2005; Gierens,
2003] differ only when updraft velocity is less than 0.1 m
s�1 and average ice number concentrations are mainly
determined by the higher updrafts when integrated over
the Gaussian distribution of updraft velocity.
[50] We note that we have not differentiated between the

ice nucleation efficiency of surface and aircraft soot. Soot
particles in the atmosphere with different sources (biomass
burning, different kinds of fossil fuel combustion, and
aircraft) can have different sizes, morphologies and possibly
also different ice nucleation properties. However, there is
not enough known about the nucleation properties of these
different soot particles to resolve these differences.
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