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[1] Thin clouds with mean liquid water path (LWP) of �50 g m�2 cover 27.5% of the
globe and thus play an important role in Earth’s radiation budget. Radiative fluxes at
Earth’s surface and top of atmosphere are very sensitive to the LWP variation when the
LWP becomes smaller than �50 g m�2. This indicates that aerosol effects on thin clouds
can have a substantial impact on the variation of global radiative forcing if LWP
changes. This study examines the aerosol indirect effect through changes in the LWP in
three cases of thin warm stratocumulus clouds with LWP < 50 g m�2. We use a cloud-
system resolving model coupled with a double-moment representation of cloud
microphysics. Intensified interactions among the cloud droplet number concentration,
condensation, and dynamics at high aerosol play a critical role in the LWP responses to
aerosol increases. Increased aerosols lead to increased CDNC, providing the increased
surface area of droplets where water vapor condenses. This increases condensation, and
thus condensational heating, to produce stronger updrafts, leading to an increased LWP
with increased aerosols in two of the cases where precipitation reaches the surface. In a
case with no surface precipitation, LWP decreases with increases in aerosols. In this case,
most of precipitation evaporates just below the cloud base. With decreases in aerosols,
precipitation increases and leads to increasing evaporation of precipitation, thereby
increasing instability around the cloud base. This leads to increased updrafts, and thus
condensation, from which increased LWP results.
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1. Introduction

[2] Aerosol concentrations have increased significantly as
a result of industrialization. Increasing aerosols are gener-
ally considered to offset global warming by reflecting
incoming solar radiation. Increasing aerosols are known to
decrease droplet size and thus increase cloud albedo (first
AIE) [Twomey, 1974, 1977]. They may also suppress
precipitation and, hence, alter cloud mass and lifetime
(second AIE) [Albrecht, 1989]. The AIE is uncertain, since
AIE accompanies cloud microphysics; uncertainties of ra-
diative forcing associated with AIE are comparable to
radiative forcing by an anthropogenic increase in green
house gases [Ramaswamy et al., 2001; Forster et al., 2007].
[3] Turner et al. [2007] showed that low-level stratiform

clouds with mean LWP of only 51 g m�2 cover 27.5% of
the globe. Other studies have also shown that thin clouds
accounted for a significant portion of cloudiness at conti-
nental midlatitude sites and in the Arctic and tropical
regions [McFarlane and Evans, 2004; Shupe and Intrieri,
2004; Marchand et al., 2003]. Hence, Turner et al. [2007]
postulated that these thin clouds were undeniably important

to many aspects of atmospheric sciences and intertwined
with the broader climate. Turner et al. [2007] showed that
surface and TOA longwave and shortwave radiative fluxes
are very sensitive to small changes in the cloud LWP when
the LWP is less than �50 g m�2 [Turner et al., 2007, Figure
SB1]. This strong sensitivity was simulated in both summer
and winter atmospheres for representative particle sizes of
both continental and maritime clouds. This indicates that the
strong sensitivity of the fluxes at low LWP was fairly robust
to environmental conditions and to the size of particles.
Aerosols are known to change cloud properties including
LWP [Albrecht, 1989; Ackerman et al., 2004; Guo et al.,
2007]. Hence, above mentioned studies suggest that global
radiation budgets can be more susceptible to aerosol-in-
duced changes in LWP in thin clouds than comparatively
thick clouds. This demonstrates that the assessment of
aerosol effects on thin clouds can be critical for a better
assessment of aerosol effects on clouds and thus climate.
[4] This study aims to gain a preliminary understanding

of aerosol–cloud interactions in thin stratiform clouds.
Three cases of thin warm stratocumulus clouds with
LWP < 50 g m�2 are simulated to achieve the goal of this
study. These clouds develop under different humidity con-
ditions around the top of the planetary boundary layer
(PBL): wet, moderately wet and dry conditions. Average
humidity around the top of the PBL in the wet, moderately
wet and dry conditions is �80%, 60%, and 40%, respec-
tively. These simulations are forced using the reanalysis data
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from European Centre for Medium-Range Weather Forecast
(ECMWF) in summer 2002 over the North Atlantic where
significant increases in aerosols have been observed since
industrialization.
[5] Two experiments are conducted for each humidity

condition using the Goddard Cumulus Ensemble (GCE)
model coupled to a double-moment microphysics scheme.
The first and second experiments use present-day and
preindustrial aerosol profiles from the NCAR Community
Atmospheric Model (CAM3) coupled with Integrated Mas-
sively Parallel Atmospheric Chemical Transport (IMPACT)
atmospheric chemistry and aerosol transport model and,
henceforth, are referred to as the ‘‘high-aerosol run’’ and
‘‘low-aerosol run,’’ respectively. The comparison of the
high- and low-aerosol runs identifies how a transition from
clean preindustrial aerosols to polluted present-day aerosols
affects clouds under constant large-scale forcing. This
transition can also be translated as changes from maritime
aerosols to clean continental aerosols. This is because
preindustrial and present-day aerosols used in this study
correspond to typical maritime and clean continental aero-
sols, respectively, according to the classification of Whitby
[1978] (see section 4 for details).
[6] The double-moment microphysics predicts hydrome-

teor number as well as hydrometeor mass and the aerosol
number and size distribution are considered for nucleation
process. Most of bulk microphysics adopted empirical
autoconversion parameterizations relying on threshold
cloud-liquid mixing ratios. These empirical autoconversion
parameterizations are based on the partition of the drop
spectrum between cloud droplets and rain, which does not
exist in reality. This causes uncertainties in the simulation of
the conversion of small droplets to large droplets and
raindrops, an important process associated with aerosol
effects on the LWP and precipitation. To simulate the
conversion process with better fidelity, a double-moment
microphysics scheme used here employs full stochastic
collection solutions with realistic collection kernels for
self-collection among cloud droplets and the raindrop col-
lection of cloud droplets. Also, the sedimentation of drop-
lets and rain, which plays an important role in the LWP
variation as reported in the work Ackerman et al. [2004], is
simulated by emulating a full-bin model with 36 bins (see
section 2.2 for details). This simulates the sedimentation
with better confidence than previously treatments of sedi-
mentation that use a mass-weighted fall speed.

2. CSRM

2.1. Dynamics and Turbulence

[7] For numerical experiments, the GCE model [Tao et
al., 2003] is used as a two-dimensional nonhydrostatic
compressible model. The detailed equations of the dynam-
ical core of the GCE model are described by Tao and
Simpson [1993] and Simpson and Tao [1993].
[8] The subgrid-scale turbulence used in the GCE model

is based on work by Klemp and Wilhelmson [1978] and
Soong and Ogura [1980]. In their approach, one prognostic
equation is solved for the subgrid-scale kinetic energy,
which is then used to specify the eddy coefficients. The
effect of condensation on the generation of subgrid-scale
kinetic energy is also incorporated into the model.

2.2. Microphysics and Radiation

[9] To represent microphysical processes, the GCE model
adopts the double-moment bulk representation of Saleeby
and Cotton [2004]. The size distribution of hydrometeors
obeys a generalized gamma distribution:

n Dð Þ ¼ Nt

G uð Þ
D

Dn

� �n�1
1

Dn

exp � D

Dn

� �
ð1Þ

where D is the equivalent spherical diameter (m), n(D)dD
the number concentration (m�3) of particles in the size
range dD and Nt the total number of particles (m�3). Also, n
is the gamma distribution shape parameter (nondimen-
sional) and Dn is the characteristic diameter of the
distribution (m).
[10] Full stochastic collection solutions for self-collection

among cloud droplets and for raindrop collection of cloud
droplets based on Feingold et al. [1988] are obtained using
realistic collection kernels from Long [1974] and Hall
[1980]. Hence, this study does not constrain the system to
constant or average collection efficiencies. Following Walko
et al. [1995], lookup tables are generated and used in each
collection process. This enables fast and accurate solutions
to the collection equations.
[11] The philosophy of bin representation of collection is

adopted for calculations of drop sedimentation. Bin sedi-
mentation is simulated by dividing the gamma distribution
into discrete bins and then building lookup tables to
calculate how much mass and number in a given grid cell
falls into each cell beneath a given level in a given time
step. Thirty-six bins are used for collection and sedimenta-
tion. This is because Feingold et al. [1999] reported that the
closest agreement between a full bin-resolving microphysics
model in a large eddy simulation (LES) of marine strato-
cumulus cloud and the bulk microphysics representation
was obtained when collection and sedimentation were
simulated by emulating a full-bin model with 36 bins.
[12] Cloud droplets are divided into small and large cloud

droplets. Small and large cloud droplets range 2–40 mm and
40–80 mm in diameter, respectively. The 40-mm division
between the two droplet modes is natural because it is well
known that collection rates for droplets smaller than this
size are very small, whereas droplets greater than this size
participate in vigorous collision and coalescence. The large-
cloud-droplet mode is allowed to interact with all other
species (i.e., the small-cloud-droplet mode and rain for
warm microphysics). The large-cloud-droplet mode plays
a significant role in the collision-coalescence process by
requiring droplets to grow at a slower rate as they pass from
the small-cloud-droplet mode to rain, rather than being
transferred directly from the small-cloud-droplet mode to
rain.
[13] All the cloud species here have their own terminal

velocity. The terminal velocity of each species is expressed
as power law relations [see Walko et al., 1995, equation (7)]
on the basis of the fall-speed formulations in the work of
Rogers and Yau [1989]. A Lagrangian scheme is used to
transport the mixing ratio and number concentration of each
species from any given grid cell to a lower height in the
vertical column, following Walko et al. [1995].
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[14] A Lagrangian parcel model [Heymsfield and Sabin,
1989; Feingold and Heymsfield, 1992] is used to construct
lookup tables for use in droplet nucleation routine that
predicts the percent of cloud condensation nuclei (CCN)
that activate. The parcel model follows the Köhler equations
and the cloud droplet growth formulation from Pruppacher
and Klett [1997]. The parcel model represents the aerosol
spectrum as a binned lognormal distribution, on the basis of
the given number concentration and mode radius of CCN,

N rð Þ ¼ Nccn

r
ffiffiffiffiffiffi
2p

p
lns

exp
� ln r=rg

� �� �2
2 lnsð Þ2

( )
ð2Þ

Here, r is the aerosol radius, N(r)dr is the number
concentration of CCN in the size range dr, Nccn is the total
number concentration of CCN, s is the standard deviation
of the distribution, and rg is the distribution mode radius.
This distribution breaks up the total CCN number
concentration into 200 mass bins ranging from 10�17 to
10�8 g with a distribution breath of s = 2.0, a typical value
for maritime aerosols [Whitby, 1978]. The CCN composi-
tion is assumed to consist of ammonium sulfate. The
detailed description of the parcel model and the construction
of lookup tables can be found in the work of Saleeby and
Cotton [2004].
[15] The parameterizations developed by Chou and

Suarez [1999] for shortwave radiation and by Chou et al.
[1995], Chou and Kouvaris [1991], and Kratz et al. [1998]
for longwave radiation have been implemented in the GCE
model. The solar radiation scheme includes absorption
owing to water vapor, CO2, O3, and O2. Interactions among
the gaseous absorption and scattering by clouds, molecules,
and the surface are fully taken into account. Reflection
and transmission of a cloud layer are computed using the
d-Eddington approximation. Fluxes for a composite of layers
are then computed using the two-stream adding approxima-
tion. In computing thermal infrared fluxes, the k-distribution
method with temperature and pressure scaling is used to
compute the transmission function.

3. Case Descriptions

[16] Three cases of thin marine stratocumulus are simu-
lated here. They are under different humidity conditions
near the top of the PBL. The first, second, are third cases are
located at (42�N, 63�W), (46�N, 60�W), and (42�N, 53�W),
respectively. The average relative humidity at the top of the
PBL over the simulation period is �80%, 60%, and 40% in
the first, second, and third cases, respectively. Henceforth,
the first, second, and the third cases are referred to as
‘‘WET,’’ ‘‘MID-WET’’ and ‘‘DRY,’’ respectively. Vertical
profiles of initial specific humidity, potential temperature
and horizontal wind velocity are shown in Figure 1 for those
three cases. The wind is eastward in WET and DRY,
whereas it is westward in MID-WET. For each case, a pair
of 12-hour simulations from 0200 to 1400 LST (local solar
time) are performed in which the aerosol concentration is
varied from the preindustrial level for the low-aerosol run to
the present-day level for the high-aerosol run.
[17] The reanalysis data from ECMWF provide large-

scale forcing. The 6-hourly analyses were applied to the

model as the large-scale advection for potential temperature
and specific humidity at every time step by interpolation.
Temperature and humidity were nudged toward the large-
scale fields from ECMWF with a relaxation time of one
hour using the large-scale advection. The horizontally
averaged wind from the GCE model was also nudged
toward the interpolated wind field from ECMWF at every
time step with a relaxation time of one hour, following Xu et
al. [2002]. The model domain is considered to be small
compared to large-scale disturbances. Hence, the large-scale
advection is approximated to be uniform over the model
domain and large-scale terms are defined to be functions of
height and time only, following Krueger et al. [1999].
Identical observed surface fluxes of heat and moisture were
prescribed in both the high- and low-aerosol runs. This
method of modeling cloud systems was used for the CSRM
comparison study by Xu et al. [2002]. The details of the
procedure for applying large-scale forcing are described in
the work of Donner et al. [1999] and are similar to the
method proposed by Grabowski et al. [1996].
[18] Time- and domain-averaged large-scale advective

temperature (humidity) tendency is �2.0 K d�1 (2.5 g kg�1

d�1) in WET and WET is forced by positive temperature and
humidity advection throughout the PBL.MID-WETand DRY
are also forced by positive temperature and humidity advection
throughout the PBL. Time- and domain-averaged temperature
(humidity) tendency is �2.0 K d�1 (3.0 g kg�1 d�1) in MID-
WET. InDRY, the averaged temperature (humidity) forcing is
�2.0 K d�1 (3.5 g kg�1 d�1). Time-averaged large-scale
subsidence is �0.30, 0.71, and 0.22 cm s�1 in WET, MID-
WET, and DRY, respectively, around top of the PBL.

4. Integration Design and Aerosol Specification

[19] All of the simulations are performed in a 2-D
framework. The horizontal domain uses 508 grid points
with a uniform grid length of 50 m. The vertical grid length
is uniformly 40 m below 2 km and then stretches to 240 m
near the model top. The vertical domain is 20 km and the
time step is 0.5 s. Periodic boundary conditions are set on
horizontal boundaries and a damping layer of 5 km depth is
applied near the model top.
[20] The profiles of total aerosol number for present-day

and preindustrial conditions are calculated from predicted
aerosol mass in the CAM3 [Collins et al., 2006a, 2006b]
coupled with the IMPACT model [Rotman et al., 2004;
Penner et al., 1998]. In this coupled model system, mete-
orological fields generated from the coupled CAM3 model
are available at each time step of the IMPACT model. The
IMPACT model used here is an extended version of that
described in the work of Liu and Penner [2002] to treat the
mass of sulfate aerosol as a prognostic variable, and is
further extended in the work of Liu et al. [2005] to treat the
microphysics of sulfate aerosol using a modal representation
[Herzog et al., 2004]. The IMPACT model simulates the
dynamics of sulfate aerosol (nucleation, condensation, and
coagulation) and its interactions with primary emitted non-
sulfate aerosols: organic matter (OM), black carbon (BC),
dust and sea salt, using a modal representation of aerosol
microphysics with an arbitrary number of modes [Herzog et
al., 2004; Liu et al., 2005]. The predicted monthly mean
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mass profiles of aerosols are obtained at (42�N, 63�W),
(46�N, 60�W) and (42�N, 53�W) for WET, MID-WET, and
DRY, respectively, in June. Anthropogenic aerosol emis-
sions from Smith et al. [2001, 2004] and Ito and Penner

[2005] for the years 2000 and 1850 are used for the
calculation of aerosol profiles. Aerosol profiles from years
2000 and 1850 represent present-day and preindustrial
profiles, respectively. Natural emissions are prescribed to

Figure 1. Vertical profiles of initial potential temperature, water vapor mixing ratio, and initial
horizontal wind velocity for (a and b) WET, (c and d) MID-WET, and (e and f) DRY.
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be the same for the calculation of present-day and prein-
dustrial aerosols. A more detailed description of the coupled
system and the calculation of aerosol profiles can be found
in the work by Wang and Penner [2009].
[21] Aerosol number concentration is calculated from the

mass profiles using parameters (mode radius, standard
deviation, and partitioning of among modes) of multimodal
aerosol size distributions described in the work of Liu et al.
[2005]. The calculated aerosol number only in the accumu-
lation mode acts as background aerosols and is adopted by
the droplet nucleation scheme here. This is because the
parcel model assumes a unimodal lognormal size distribu-
tion of aerosols (see equation (2)) and, generally, most CCN
are in the accumulation mode of the distribution for the low
supersaturations (�0.05%) generally observed in stratiform
clouds. All aerosols are assumed to consist of ammonium
sulfate as assumed in the droplet nucleation scheme here.
Hence, this study does not take into account the effects of
aerosol chemical composition and only focuses on effects of
aerosol number on clouds. This is consistent with the
findings of Saleeby and Cotton [2004] which noted that
the chemical composition of aerosols led to a much smaller
variability in the fraction of activated aerosols as compared
to aerosol number. In the PBL, the aerosol number is nearly
constant and only varies vertically within 10% of its value at
the surface. Vertically varying (and horizontally homoge-
neous in the model domain) present-day (preindustrial)
background aerosol number, averaged over the PBL, is
3100 (1200), 3200 (1100), and 2200 (1100) cm�3 for the
WET, MID-WET, and DRY, respectively. These numbers
indicate that present-day and preindustrial aerosols corre-
spond to typical clean continental and maritime aerosols,
respectively [Whitby, 1978].

[22] The aerosol number concentration is predicted within
cloud and reset to the background value at all levels outside
cloud. Within clouds, aerosols are advected, diffused and
depleted by nucleation (nucleation scavenging). The stan-
dard deviation of the assumed unimodel size distribution of
aerosols is assumed not to vary spatiotemporally. The mode
radius of the size distribution is predicted on the basis of the
predicted aerosol number using Saleeby and Cotton [2004,
equation (10)]. Initially, the aerosol number is everywhere
set equal to its background value.
[23] Our focus is not on the effects of diurnal and daily

variations of aerosols on clouds but on those of represen-
tative background present-day and preindustrial aerosols at
the locations of simulations in June. In other words, our
focus is on the examination of cloud responses to a
representative aerosol variation since industrialization for
the month of June. Hence, the diurnal and daily variations
of aerosols owing to large-scale advection are not taken into
account in this study. This is equivalent to assuming no
advection of unactivated aerosols into and out of model
domain, enabling us to assume that background aerosols do
not vary spatiotemporally during time integration.
[24] Table 1 summarizes simulations in this study. In

addition to the high- and low-aerosol runs, Table 1 shows
that supplementary sensitivity tests are performed in WET
and MID-WET. These tests are performed by changing the
application of CDNC to model processes in WET and MID-
WET (as briefly described in Table 1) and referred to as the
high-aerosol run (CDNC-high fixed), low-aerosol run
(CDNC-high fixed), high-aerosol run (CDNC-low fixed)
and low-aerosol run (CDNC-low fixed). They will be
described in more detail in section 5.4. In DRY, the
additional tests are conducted by changing aerosols as
briefly described in Table 1 and referred to as the high-

Table 1. Summary of Simulations With the Different Aerosols and Application of CDNC to Model Processes

Simulations
Background Aerosols Averaged

Over the PBL (cm�3) CDNC

WET
High-aerosol run 3100 predicted for all processes
Low-aerosol run 1200 predicted for all processes
High-aerosol run (CDNC-high fixed) 3100 fixed at 242 cm�3 (for condensation)/predicted

(for the other processes)
Low-aerosol run (CDNC-high fixed) 1200 fixed at 242 cm�3 (for condensation)/predicted

(for the other processes)
High-aerosol run (CDNC-low fixed) 3100 fixed at 39 cm�3 (for condensation)/predicted

(for the other processes)
Low-aerosol run (CDNC-low fixed) 1200 fixed at 39 cm�3 (for condensation)/predicted

(for the other processes)

MID-WET
High-aerosol run 3200 predicted for all processes
Low-aerosol run 1100 predicted for all processes
High-aerosol run (CDNC-high fixed) 3200 fixed at 202 cm�3 (for condensation)/predicted

(for the other processes)
Low-aerosol run (CDNC-high fixed) 1100 fixed at 202 cm�3 (for condensation)/predicted

(for the other processes)
High-aerosol run (CDNC-low fixed) 3200 fixed at 40 cm�3 (for condensation)/predicted

(for the other processes)
Low-aerosol run (CDNC-low fixed) 1100 fixed at 40 cm�3 (for condensation)/predicted

(for the other processes)

DRY
High-aerosol run 2200 predicted for all processes
Low-aerosol run 1100 predicted for all processes
High-aerosol run � 2 4400 predicted for all processes
Low-aerosol run/10 110 predicted for all processes
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aerosol run x 2 and the low-aerosol run/10. These tests will
be discussed in more detail in section 5.6.

5. Results

5.1. Cloud Properties

[25] Clouds in WET and DRY are formed around
0300 LST and clouds in MID-WET are formed around
0600 LST. Figure 2 depicts the temporal evolution of cloud
top and cloud base height (upper two lines are for cloud top
and lower two lines for cloud base) and Figure 3 the
evolution of cloud fraction for WET, MID-WET and DRY
from �1 hour after the cloud formation to the end of
simulations. Figures 2 and 3 indicate maximum (minimum)
cloud depth is �400 (200) m and cloud fraction is always
above 0.8 in WET. In MID-WET (DRY), cloud depth is
between �300 (200) and �400 (400) and cloud fraction is
always greater than 0.95 (0.95). These demonstrate that
stratocumulus clouds in all three cases are shallow and
maintain solid cloud decks with no substantial breakup.
[26] Averaged surface precipitation rates are 5.7 � 10�3

(1.5 � 10�2) and 1.4 � 10�3 (3.6 � 10�3) mm d�1 at high
(low) aerosol for WET and MID-WET, respectively. In
DRY, precipitation does not reach the surface.
[27] Average cloud top growth rates are higher (slightly

lower) at high aerosol than at low aerosol in WET and MID-

WET (DRY). Average growth rates are 1.15 (0.93), 0.78
(0.56) and 1.78 (1.80) cm s�1 at high (low) aerosol for
WET, MID-WET and DRY, respectively (see Figure 2). The
entrainment rate can be approximated by the difference
between the cloud top growth rate and the large-scale
vertical velocity [Moeng et al., 1999; Jiang et al., 2002;
Stevens et al., 2003a, 2003b]. The large-scale vertical
velocity (subsidence) at high aerosol is the same as that at
low aerosol around the top of clouds in each case. Hence,
the entrainment rate is higher (slightly lower) in the high-
aerosol run than in the low-aerosol run in WET and MID-
WET (DRY). Larger large-scale subsidence around cloud
top contributes to smaller cloud top growth rate in MID-
WET than in WET and DRY. Also, larger large-scale
subsidence around cloud top contributes to smaller cloud
top growth rate in WET than in DRY.
[28] Figure 4 shows the temporal evolution of domain-

averaged LWP for WET, MID-WET and DRY from�1 hour
after cloud formation to the end of simulations. LWPs are
mostly below 50 g m�2 except for the high-aerosol run in
WET where the LWP reaches its maximum value of �60 g
m�2 around 0800 LST. Figure 4 shows that the LWPs in the
high-aerosol runs are generally higher than those in the low-
aerosol runs in WET and MID-WET during time integra-
tion. Time- and domain-averaged LWPs are 46.15 (35.43)
and 22.95 (18.54) g m�2 at high (low) aerosol in WET and

Figure 2. Time series of cloud top and cloud base height
for (a) WET, (b) MID-WET, and (c) DRY. The upper
(lower) two lines represent cloud top (cloud base) height.

Figure 3. Time series of cloud fraction for (a) WET,
(b) MID-WET, and (c) DRY.
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MID-WET, respectively. However, the differences in LWP
are much smaller in DRY than in WET and MID-WET.
Time- and domain-averaged LWPs are 29.70 (30.21) g m�2

at high (low) aerosol in DRY; the time average of variables
is performed over 0300–1400 LST for WET and DRY, and,
in MID-WET, the time average is performed over 0600–
1400 LST, unless otherwise stated. The low-aerosol run
shows slightly higher LWP than the high-aerosol run in
DRY. Since all averaged LWPs are <50 g m�2, clouds here
can be considered shallow according to the classification of
Turner et al. [2007]. LWP begins to steadily increase �4 h
and 6 h after the cloud formation in MID-WET and DRY,
respectively, owing to gradual increases in large-scale
temperature and humidity tendency in the PBL. Figure 5
shows time- and domain-averaged vertical distribution of
liquid water content (LWC). Consistent with the LWP
responses to aerosols, LWCs are generally higher at high
aerosol in WET and MID-WET and slightly lower at high
aerosol in DRY. The vertical extent of LWC in Figure 5 is
larger than maximum cloud depth shown in Figure 2 in each
case. This is because cloud top and cloud base height
generally increases with time.
[29] Simulated LWPs in the high-aerosol runs are com-

pared to observations by the Moderate Resolution Imaging
Spectroradiometer (MODIS) to assess the ability of the
model to simulate stratiform clouds. The difference between
the domain-averaged LWP in the high-aerosol run and

Figure 4. Time series of the domain-averaged LWP for
(a) WET, (b) MID-WET, and (c) DRY.

Figure 5. Vertical distribution of time-averaged LWC for
(a) WET, (b) MID-WET, and (c) DRY.
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MODIS-observed LWP is less than 10% relative to LWP
observed by the MODIS for each case. This demonstrates
that the LWPs are simulated reasonably well. Figure 6
shows the time- and domain-averaged vertical profile of
potential temperature and water vapor mixing ratio for
WET, MID-WET and DRY. The vertical coordinate is in
the units of the height normalized with respect to the cloud
top height (zt). Triangles (squares) in Figure 6 are the
retrieved potential temperature (water-vapor mixing ratio)
from the MODIS observation at the MODIS observation
levels. Figure 6 demonstrates that simulated potential tem-
perature and humidity also show a good agreement with the
MODIS observations.
[30] Analyses of liquid water budget are performed to

examine mechanisms which offset the effects of increased

entrainment on LWP to lead to larger LWP at high aerosol
in WET and MID-WET. Also, analysis of liquid water
budget for DRY is performed to examine the decreasing
LWP with increasing aerosols.

5.2. Liquid Water Budget

[31] To elucidate microphysical processes leading to the
increase in LWP (and LWC) in WET and MID-WET and the
decrease in DRY with increasing aerosols, domain-averaged
cumulative source (i.e., condensation) and sinks of cloud
liquid (the small-cloud-droplet mode + the large-cloud-
droplet mode) and their differences between the high-
aerosol run and low-aerosol run (high aerosol–low aerosol)
are obtained. For this, a production equation for cloud liquid
is integrated over the domain and duration of the simula-
tions. Integrations over the domain and duration of simula-
tion are denoted by brackets:

hAi ¼ 1

Lx

Z Z Z
raAdxdzdt ð3Þ

where Lx is the domain length (25.4 km), ra is air density
and A represents any of the variables in this study. The
budget equation for cloud liquid is as follows:

h@qc
@t

i ¼ hQcondi � hQevapi � hQautoi � hQaccri ð4Þ

Here, qc is cloud-liquid mixing ratio. Qcond, Qevap, Qauto,
and Qaccr refer to the rates of condensation, evaporation,
autoconversion of cloud liquid to rain, and accretion of
cloud liquid by rain, respectively.
[32] Table 2 shows budget numbers of equation (4) for

WET, MID-WET and DRY. The high-aerosol run (CDNC-
high fixed), low-aerosol run (CDNC-high fixed), high-
aerosol run (CDNC-low fixed) and low-aerosol run
(CDNC-low fixed) in Table 2 will be discussed in
section 5.4. The budget numbers show that condensation
and evaporation are two to three orders of magnitude larger
than autoconversion and accretion. This indicates that the
conversion of cloud liquid (produced by condensation) to
rain is highly inefficient. Since all of simulations in WET,
MID-WET and DRY (with different environmental and
aerosol conditions) show the very low autoconverison and
accretion, the extremely inefficient rain formation is fairly
robust to environmental and aerosol conditions.
[33] The terminal fall velocity of cloud particles to which

sedimentation rate is proportional increases with their in-
creasing size. Also, the sedimentation of cloud mass is
mainly controlled by the sedimentation of cloud particles
larger than the critical size for collisions around 20–40 mm
in radius [Pruppacher and Klett, 1997]. Autoconversion
and accretion are processes that control the growth of cloud
particles after they reached the critical size [Rogers and Yau,
1989]. Hence, the small contribution of autoconversion and
accretion to LWC implies that the role of sedimentation of
cloud particles in the determination of LWC is not as
significant as that of condensation and evaporation.
[34] The much larger differences in condensation and

evaporation as compared to those in autoconversion and
accretion between the high- and low-aerosol runs are
simulated here (Table 2). This implies that changes in

Figure 6. Vertical distribution of time-averaged potential
temperature and water vapor mixing ratio for (a) WET,
(b) MID-WET, and (c) DRY. Squares (triangles) represent
the retrieved potential temperature (water vapor mixing
ratio) from the MODIS observation. The solid horizontal
line in each figure is the average cloud base height
normalized with respect to cloud top height (zt).
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condensation and evaporation owing to aerosol increases
play much more important roles in the LWP responses to
aerosols than those in sedimentation.
[35] Figure 7 shows the time- and domain-averaged ver-

tical distribution of condensation and cloud-mass changes
owing to sedimentation for the high- and low-aerosol runs.
Cloud mass here is the sum of the mass of all species
associated with warm microphysics, i.e., the small-cloud-
droplet mode, the large-cloud-droplet mode, and rain. The
magnitude of the condensation rate is substantially larger
than that of the sedimentation-induced cloud-mass changes
for all WET, MID-WET and DRY (Figure 7). Also, the
magnitude of difference in the condensation rate between the
high- and low-aerosol runs is substantially larger than that in
sedimentation-induced mass changes. Hence, as implied by
the budget analysis, the LWC and LWP and their responses
to aerosols are strongly controlled by condensation and the
role of sedimentation in their determination is negligible.
[36] Around cloud top between 0.9 and 1.0 (in the units

of the height normalized with respect to the cloud top
height) where the intense entrainment occurs, the magnitude
of condensation is approximately one to two orders of
magnitude larger than that of the sedimentation-induced
mass changes (Figure 7). Also, the difference in the con-
densation rate between the high- and low-aerosol runs is
approximately one to two orders of magnitude larger than
that in the sedimentation-induced mass changes near cloud
top. Cloud liquid is a source of evaporation in subsequent
cloud development and evaporation of cloud liquid in
downdrafts is one of the important sources of the turbulent
kinetic energy (TKE) to entrain warmer and dryer air from
above the PBL [Ackerman et al., 2004]. Hence, condensa-
tion (controlling the cloud liquid and thus subsequent
evaporation) plays more important roles in entrainment
and its differences between the high- and low-aerosol runs
near cloud top as compared to sedimentation; increased
(slightly decreased) condensation and thus evaporation in
WET and MID-WET (DRY) lead to increased (slightly
decreased) entrainment at high aerosol.
[37] To understand the mechanisms leading to increased

condensation in WET and MID-WET and decreased con-
densation in DRY with increased aerosols, the factors
determining condensation are examined.

5.3. Interactions Among CDNC, Condensation, and
Dynamics

[38] The equation of mass changes of droplets from the
vapor diffusion in this study, integrated over the size
distribution, is as follows:

dm

dt
¼ Nd4pyFReSrvsh ð5Þ

where Nd is the CDNC, y the vapor diffusivity, and rvsh the
saturation water vapor mixing ratio. S is the supersaturation,

given by
rva
rvsh

� 1
� �

where rva is water vapor mixing ratio.

FRe is the integrated product of the ventilation coefficient
and droplet diameter which is given by

FRe ¼
Z1
0

DfRefgam Dð ÞdD ð6Þ
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where D is the diameter of droplets, fRe the ventilation
coefficient, and fgam (D) the distribution function,

given by 1
G uð Þ

D
Dn

� �n�1
1
Dn
exp � D

Dn

� �
. fRe is given by

1:0þ 0:229 vtD
Vk

� �0:5
 �

h where vt is the terminal velocity

and Vk the kinematic viscosity of air and h the shape
parameter [Cotton et al., 1982].
[39] Among the variables associated with the condensa-

tional growth of droplets in equation (5), differences in the
supersaturation and CDNC contribute most to the differ-
ences in condensation between the high- and low-aerosol

runs. Percentage differences in the other variables are found
to be approximately two orders of magnitude smaller than
those in supersaturation and CDNC throughout the simu-
lations. Figures 8a, 8d, and 8g show the time series of
CDNC and Figures 8b, 8e, and 8h the time series of
supersaturation, conditionally averaged over areas where
the condensation rate > 0, for WET, MID-WET and DRY,
respectively. Figure 8c (Figure 8f) shows the time series of
domain-averaged condensation rate for WET (MID-WET)
and Figure 8i the time series of domain-averaged cumula-
tive condensation for DRY. The ‘‘High-aerosol run � 2’’
and ‘‘low-aerosol run/10’’ in Figures 8g, 8h, and 8i will be

Figure 7. Vertical distribution of time-averaged (a) condensation rate and (b) sedimentation-induced
cloud mass change in WET. (c and e) The same as Figure 7a but for MID-WET and DRY, respectively.
(d and f) The same as Figure 7b but for MID-WET and DRY, respectively. The solid horizontal line in
each figure is the average cloud base height normalized with respect to cloud top height (zt).
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Figure 8. Time series of conditionally averaged (a) CDNC and (b) supersaturation over areas where
condensation rate is positive for WET. (c) Time series of domain-averaged condensation rate for WET.
(d–f) The same as Figures 8a–8c but for MID-WET. (g and h) The same as Figures 8a and 8b but for
DRY. (i) Time series of cumulative condensation for DRY. For the conditional average the grid points
with positive values of condensation are collected and the other grid points are excluded. The conditional
average is the arithmetic mean of a variable of interest (here CDNC, or supersaturation) over those
collected grid points.
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described in the following section 5.6. Figures 8b and 8e
indicate that supersaturation is generally larger at low
aerosol than at high aerosol in both WET and MID-WET.
However, the condensation rate is generally higher, leading
to larger cumulative condensation at high aerosol than at
low aerosol (Figures 8c and 8f). This is ascribed to the
larger CDNC (as shown in Figures 8a and 8d) providing a
larger surface area for water-vapor condensation at high
aerosol compared to that at low aerosol. The effects of the
CDNC increase on surface area of droplets and thus
condensation compete with the effects of the supersaturation
decrease on condensation with increasing aerosols. This
leads to the smaller condensation difference than the CDNC
and supersaturation differences. The effects of the increased
surface area for condensation outweigh the effects of
decreased supersaturation, leading to the increase in the
condensation in the high-aerosol runs in WET and MID-
WET.
[40] Increased condensation provides more condensation-

al heating, and, thereby, intensifies updrafts as shown in
Figures 9a and 9b which depict the time series of domain-
averaged updraft mass fluxes for WET and MID-WET.

Increased updrafts in turn increase condensation, establish-
ing a positive feedback between updrafts and condensation.
Therefore, the larger number of cloud droplets providing the
larger surface area for condensation plays a critical role in
increasing both condensation and updrafts in WET and
MID-WET. Note that increased condensation not only
increases evaporation, and thus, entrainment, but also
increases LWC. In WET and MID-WET, the effects of
condensation on LWC outweigh those of evaporation and
entrainment, leading to increased LWP at high aerosol. The
interactions among CDNC, condensation and dynamics
(i.e., updrafts) in WET and MID-WET determine the differ-
ences in condensation and thereby the LWP response to
aerosols between the high- and low-aerosol runs.
[41] The intensified interactions among condensation and

updrafts owing to increased CDNC (Figure 8g) in DRY lead
to larger condensation, updrafts (Figures 8i and 9c) and,
thereby, LWP in the high-aerosol run than in the low-aerosol
run prior to 0800 LST by compensating for lower supersat-
uration (Figure 8h). The domain-averaged LWPs are 15.12
and 14.55 g m�2 in the high- and low-aerosol runs,
respectively, prior to 0800 LST. However, Figure 8i shows
that condensation rate (indicated by the slope of cumulative
condensation) begins to rapidly increase around 0700 LST.
As a result of this, cumulative condensation begins to be
larger around 0800 LST in the low-aerosol run than in the
high-aerosol run in DRY. This leads to larger averaged LWP
over entire domain and simulation period at low aerosol
than at high aerosol. This indicates that there is a mecha-
nism compensating for the decreased interactions among
CDNC, condensation and dynamics in the low-aerosol run
in DRY. The analysis of the mechanism is described in the
following section 5.5.

5.4. Runs With Different CDNC for Condensation

[42] To isolate the role of the impacts of CDNC (i.e., the
surface area of droplets) on condensation in making LWP
differences, the high- and low-aerosol runs in WET and
MID-WET are repeated with identical CDNC only for
condensation but not for the other processes including
evaporation. This simulates the LWP differences in the
absence of the impacts of the surface area of droplets on
condensation. The comparison of these simulations to
simulations described in previous sections (i.e., the high-
and low-aerosol runs in WET and MID-WET) enables the
assessment of the contribution of aerosol and thus CDNC
impacts on condensation to the LWP differences.
[43] Two pairs of additional simulations, each of which is

composed of the high- and low-aerosol runs, in each of
WET and MID-WET are performed. Each pair of simula-
tions adopts the identical CDNC only for condensation; Nd

in equation (5) is fixed at a constant value and forced to be
the same for the high- and low-aerosol runs, though
predicted Nd is allowed to be used in the other processes.
The first pair of simulations is referred to as the high-aerosol
run (CDNC-high fixed) and low-aerosol run (CDNC-high
fixed) in each of WET and MID-WET in Table 2. The high-
aerosol run (CDNC-high fixed) and low-aerosol run
(CDNC-high fixed) in WET (MID-WET) adopts the aver-
aged CDNC in the high-aerosol run in WET (MID-WET) as
a fixed value only for condensation, which is 242 (202)
cm�3. The second pair of simulations in WET (MID-WET)

Figure 9. Time series of domain-averaged updraft mass
flux (for those whose values are above zero) for (a) WET,
(b) MID-WET, and (c) DRY.
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adopts the averaged CDNC in the low-aerosol run in WET
(MID-WET) as a fixed value only for condensation, which
is 39 (40) cm�3, and is referred to as the high-aerosol run
(CDNC-low fixed) and low-aerosol run (CDNC-low fixed)
in Table 2.
[44] The budget numbers of equation (4) for these addi-

tional simulations are shown in Table 2. Time- and domain-
averaged LWPs in the high-aerosol run (CDNC-high fixed)
and low-aerosol run (CDNC-high fixed) are 47.35 and
46.52 g m�2, respectively, in WET. In MID-WET, the
LWPs are 23.55 and 23.30 g m�2 in the high-aerosol run
(CDNC-high fixed) and low-aerosol run (CDNC-high
fixed), respectively. The LWPs in the low-aerosol runs
(CDNC-high fixed) increase significantly as compared to
LWPs in the low-aerosol runs, resulting in negligible differ-
ences in LWP between the high-aerosol run (CDNC-high
fixed) and low-aerosol run (CDNC-high fixed) in each of
WET and MID-WET. This is mainly due to larger CDNCs
in the low-aerosol runs (CDNC-high fixed) than average
CDNCs in the low-aerosol runs, leading to increased
condensation as compared to that in the low-aerosol runs
(Table 2).
[45] The LWP differences between the high-aerosol run

(CDNC-low fixed) and low-aerosol run (CDNC-low fixed)
are also negligible as compared to those in the high- and
low-aerosol runs in each of WET and MID-WET (Table 2).
LWPs in the high-aerosol run (CDNC-low fixed) and low-
aerosol run (CDNC-low fixed) are 35.90 (18.35) and 35.01
(18.23) g m�2, respectively, in WET (MID-WET). LWPs in
the high-aerosol runs (CDNC-low fixed) decreases signifi-
cantly as compared to LWPs in the high-aerosol runs,
resulting in negligible differences in LWP between the
high-aerosol run (CDNC-low fixed) and low-aerosol run
(CDNC-low fixed) in each ofWETandMID-WET (Table 2).
This is mainly due to smaller CDNCs in the high-aerosol runs
(CDNC-low fixed) than average CDNC in the high-aerosol

runs, leading to less condensation than in the high-aerosol
runs (Table 2).
[46] These additional simulations indicate that the LWP

responses to aerosols can be nearly the same for the high-
and low-aerosol runs only by making CDNC for conden-
sation identical. This demonstrates the most crucial role of
CDNC impacts on condensation in the LWP responses to
aerosols. This also demonstrates that the impacts of aerosols
and thus CDNC on the other processes such as the sedi-
mentation of cloud liquid, the conversion of cloud liquid to
rain, thus, the sedimentation and evaporation of rain do not
play an important role in the LWP responses in thin clouds
with the surface precipitation here.

5.5. Effects of Instability on LWP

[47] One of candidates for the mechanism, leading to
larger cumulative condensation after 0800 LST in the low-
aerosol run than in the high-aerosol run in DRY, is radiative
and evaporative cooling around cloud top. Figure 10 shows
the net cooling rates averaged over 0700–0800 LST.
Figure 10 indicates that cooling is less at low aerosol owing
to smaller cloud mass than at high aerosol despite larger
warming effects of shortwave radiation owing to larger
cloud mass at high aerosol than at low aerosol. Thus, the
effect of cloud top cooling favors weaker convection at low
aerosol than at high aerosol, indicating that the cooling effect
is not likely to contribute to the increase in condensation at
low aerosol.
[48] Surface precipitation is absent in DRY. As indicated

by Jiang et al. [2002], when precipitating particles evapo-
rate completely before reaching the surface, even the
slightly increased evaporation of precipitation around the
cloud base can cause the increased instability concentrated
around the cloud base. When precipitation reaches the
surface, the associated cooling tends to stabilize the entire
layer below the cloud [Paluch and Lenschow, 1991].
Updrafts and downdrafts in the cloud and subcloud layers
increase when precipitation does not reach the surface, since
its evaporation increases instability around the cloud base
[Feingold et al., 1996].
[49] Figures 7f and 11a, depicting domain-averaged sed-

imentation-induced cloud mass change and rain evaporation
in DRY, confirm that precipitation do not reach the surface
and that rain evaporates mostly around cloud base (at z/zt �
0.7) in both the high- and low-aerosol runs. Increased
aerosols in the high-aerosol run delay the formation of
precipitation, leading to smaller precipitation and thus its
evaporation around cloud base. As shown in Figure 11d,
depicting the vertical profile of the time- and domain-
averaged rate of conversion of cloud liquid to rain, more
droplets are converted to rain at low aerosol. The time- and
domain-averaged effective size (in diameter) of cloud drop-
lets is 16 and 10 mm at low aerosol and at high aerosol,
respectively. Larger particle size favors more efficient
collisions among droplets leading to a higher conversion
of droplets to rain. Hence, more rain with higher terminal
velocity than droplets precipitate to around the cloud base
more at low aerosol than at high aerosol. This in turn leads
to larger evaporation of rain just below the cloud base as
shown in Figure 11a. Figure 11b, depicting the domain-
averaged profile of lapse rate dq

dz
over 0300–0700 LST,

shows that the increase in evaporation below cloud base

Figure 10. Vertical distribution of time-averaged net
cooling rates for DRY over 0700–0800 LST. The solid
horizontal line is the average cloud base height normalized
with respect to cloud top height (zt).
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leads to larger instability at low aerosol prior to 0700 LST
(dq
dz

is smaller at low aerosol below cloud base). Here, q is
potential temperature. Figure 11c shows the domain-
averaged profile of potential temperature over 0700–
0800 LST. Smaller dq

dz
below cloud base leads to lower

potential temperature at low aerosol around cloud base. This
larger instability drives stronger updrafts and downdrafts in
the PBL over 0700–0008 LST in the low-aerosol run as
shown in Figures 12a and 12b. Increased positive and
negative buoyancy associated with stronger updrafts and
downdrafts, respectively, drive an increase in the variance of
vertical air motion (w0w0) in the low-aerosol run than in the
high-aerosol run as shown in Figure 12c depicting averaged
w0w0 over 0700–0800 LST. Stronger vertical motion leads to
the rapidly increasing condensation around 0700 LST and
then to larger cumulative condensation at 0800 LST at low
aerosol than at high aerosol (Figure 8i).
[50] Aerosol effects on the instability around cloud base

in DRY compete with interactions among CDNC, conden-

Figure 11. Vertical distribution of the time-averaged
(a) rain evaporation rate, (b) dq

dz
, (c) potential temperature,

and (d) rate of conversion of cloud liquid to rain for DRY.
Figures 11b and 11d are averaged over 0300–0700 LST,
and Figure 11c is averaged over 0700–0800 LST. The solid
horizontal line in each figure is the average cloud base
height normalized with respect to cloud top height (zt).

Figure 12. Vertical distribution of domain-averaged
(a) updrafts (w > 0), (b) downdrafts (w < 0), and
(c) variance of vertical velocity (w0w0) averaged over
0700–0800 LST for DRY. The solid horizontal line in each
figure is the average cloud base height normalized with
respect to cloud top height (zt).
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sation and dynamics; increased aerosols not only decrease
the instability around cloud base but also increase interac-
tions among CDNC, condensation and dynamics. The
effects of decreased instability outweigh those of the inten-
sified interactions among CDNC, condensation and dynam-
ics with increased aerosols, leading to smaller LWP in the
high-aerosol run than in the low-aerosol run. Next, we
discuss additional simulations performed to examine the
effects of the competition between interactions (among
CDNC, condensation and dynamics) and instability (around
cloud base) in determining the change in LWP in more
detail.

5.6. Runs With Different Aerosols

[51] Another experiment for DRY is performed with the
same model setup as in the high-aerosol run but with
increased background aerosols by a factor of 2 as compared
to that in the high-aerosol run to examine the competition
between interactions (among CDNC, condensation and
dynamics) and instability (around cloud base) in DRY. This
experiment is referred to as ‘‘high-aerosol run � 2’’ hence-
forth. Figure 8i shows that condensation in this experiment
is higher, leading to larger LWP (32.11 g m�2) than that in
the low-aerosol run (30.21 g m�2). Although the supersat-
uration in this experiment is lower, condensation is larger
than that in the low-aerosol run owing to the larger CDNC
(Figures 8g, 8h, and 8i). In the high-aerosol run, the CDNC
increase is not large enough to compensate for the decreased
supersaturation through the interactions among CDNC,
condensation and dynamics, leading to a smaller LWP than
in the low-aerosol run in DRY. However, in the simulation
with aerosols 2 times larger than those in the high-aerosol
run in DRY, increased CDNC is large enough to compensate
for the decreased supersaturation, leading to larger conden-
sation than that in the low-aerosol run. The difference in the
instability averaged over 0300–0700 LST around cloud
base between this simulation and the low-aerosol run is
larger than that between the high-aerosol run and low-
aerosol run in DRY (Figure 11b). This also holds if the
instability is averaged over the whole simulation period.
Despite this larger decrease in the instability around the
cloud base in this experiment than that in the high-aerosol
run as compared to the instability in the low-aerosol run,
increased interactions between CDNC and dynamics lead to
larger condensation (Figure 8i) and LWP.
[52] Increased aerosols increase the interactions between

CDNC and dynamics as well as decrease the instability
around cloud base. The LWP response to aerosols is mostly
controlled by the competition between these interactions
and instability, while the sedimentation does not play an
important role in the LWP response in DRY as in WET and
MID-WET.
[53] To examine the role of rain evaporation in instability

and thereby condensation in the case where precipitation
reaches the surface, the fourth simulation for DRY is
performed. This simulation is carried out with the same
model setup as in the low-aerosol run in DRY but with
reduced background aerosols by a factor of 10 as compared
to those in the low-aerosol run in DRYand referred to as the
‘‘low-aerosol run/10’’ henceforth. Owing to reduced aero-
sols, CDNC reduces, leading to more conversion of cloud
liquid to rain as compared to those in the low-aerosol run in

DRY. This induces more evaporation of rain in the subcloud
layer than in the low-aerosol run as shown in Figure 11a.
Figure 11a indicates rain reaches the surface in the low-
aerosol run/10. Figure 11b shows the instability averaged
over 0300–0700 LST in this run is smaller (this also holds
for the instability averaged over the entire simulation
period) than in the high-aerosol run. This indicates that
the increased evaporation of precipitating particles does not
lead to increased instability when precipitation reaches the
surface as reported by Paluch and Lenschow [1991]. Also,
the reduced CDNC reduces the interactions among CDNC,
condensation and dynamics. Reduced instability and those
interactions lead to smaller condensation (and thus LWP)
than in the high-aerosol run (Figure 8i). Domain-averaged
LWP is 25.92 and 29.70 g m�2 in the low-aerosol run/10
and high-aerosol run. When precipitation reaches the sur-
face, the effect of decreasing aerosols on the instability acts
to reduce condensation and LWP.

5.7. Buoyancy Fluxes

[54] Figures 13a and 13b show the vertical distribution of
time- and domain-averaged buoyancy fluxes (w0q0v) in WET
and MID-WET, respectively. Here, w is vertical velocity
and qv virtual potential temperature. Figures 13c and 13d
show the vertical distribution of domain-averaged buoyancy
fluxes in DRY. Figures 13c and 13d are averaged over
0300–0800 and 0800–1400 LST, respectively. In all cases,
buoyancy fluxes decrease almost linearly from the surface.
However, unlike in WET and MID-WET, buoyancy fluxes
are negative from around the middle of subcloud layer to
just below the cloud base in DRY.
[55] Just above cloud base, buoyancy fluxes jump abrupt-

ly to a high positive value owing to the onset of conden-
sation and evaporation of cloud liquid; as one goes higher in
cloud, buoyancy fluxes decrease to negative values around
cloud top owing to entrainment. Greater condensation and
evaporation at high aerosol lead to higher buoyancy fluxes
in the cloud layer in WET and MID-WET. There are no
layers of negative buoyancy fluxes below the clouds and
negative buoyancy fluxes around cloud top are not substan-
tial in WET and MID-WET. These indicate that subcloud
and cloud layers can be considered coupled in WET and
MID-WET, according to the buoyancy integral ratio (BIR)
of Bretherton and Wyant [1997, equation (14)]. The BIR is
defined as the ratio of integral of magnitude of buoyancy
fluxes over the regions of negative buoyancy below cloud
base to integral of buoyancy fluxes over all other regions.
Bretherton and Wyant [1997] considered PBL decoupled
when the BIR exceeds 0.15. Simulations in DRY show BIR
of �0.08. Hence, despite the presence of negative buoyancy
fluxes in the subcloud layer, BIR indicates subcloud and
cloud layers can be considered coupled in DRY.
[56] At the first time segment in DRY, the high-aerosol

run shows larger fluxes owing to more condensation.
However, at the second time segment, the low-aerosol run
show larger fluxes as a result of larger cloud base instability
and thus condensation; �20% increase in the fluxes is
simulated.

5.8. Radiation Budget

[57] It is found that the variation of longwave flux at the
top and the base of the atmosphere and of upward short-
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wave flux at the base of the atmosphere owing to aerosol
changes are negligible as compared to that of upward and
downward shortwave fluxes at the top and base of the
atmosphere, respectively. Also, downward shortwave flux at
the top of the atmosphere is identical for the high- and low-
aerosol runs. Hence, only upward and downward shortwave
fluxes at the top and base of the atmosphere, respectively,
are presented in Table 3 (" and # denote upward and
downward fluxes, respectively). In Table 3, SW represents
shortwave flux.
[58] The low-aerosol run has lower TOA upward SW (for

radiation, TOA is at the level of 0.01 hPa) than the high-
aerosol run; more SW is reflected in the high-aerosol run
than in the low-aerosol run by 33.0 and 7.0 W m�2 in WET
and MID-WET, respectively. More SW is reflected in the
high-aerosol run than in the low-aerosol run by 3.2 W m�2

in DRY despite smaller LWP and cloud fraction (time-
averaged cloud fractions are 0.98 (0.99) at high (low)

Figure 13. Vertical distribution of the time-averaged buoyancy flux (w0q0v) for (a) WETand (b) MID-WET.
(c and d) The vertical distribution of the time-averaged buoyancy flux over 0300–0800 and 0800–1400 LST,
respectively, for DRY. The solid horizontal line in each figure is the average cloud base height normalizedwith
respect to cloud top height (zt).

Table 3. Time- and Area-Averaged Upward Shortwave Flux at the

Top of the Atmosphere and Downward Shortwave Flux at the Base

of the Atmospherea

WET
(W m�2)

MID-WET
(W m�2)

DRY
(W m�2)

SW" at TOA
Low aerosol 176.8 145.9 193.4
High aerosol 209.8 152.9 196.6
Difference (high– low) 33.0 7.0 3.2

SW# at SFC
Low aerosol 588.6 753.5 582.2
High aerosol 547.5 744.9 578.3
Difference (high– low) �41.1 �8.6 �3.9

aUpward and downward pointing arrows denote upward and downward
radiation, respectively. SW, shortwave flux; TOA, top of the atmosphere;
SFC, base of the atmosphere.
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aerosol in DRY). This is because the effect of smaller sizes
of droplets on the reflection of SWoutweighs that of smaller
LWP and cloud fraction at high aerosol.
[59] Downward SW at the base of the atmosphere has a

higher value in the low-aerosol run than in the high-aerosol
run by 41.1, 8.6, and 3.9 W m�2 in WET, MID-WET and
DRY, respectively. More absorption of SW at high aerosol
leads to larger differences in the downward SW at the base
of the atmosphere than that in outgoing SW at the top of the
atmosphere.
[60] In-cloud average effective droplet diameters are 14

(20) and 9 (11) mm at high (low) aerosol in WET and MID-
WET, respectively; the high-aerosol runs have smaller
droplets mainly owing to larger CDNC. Time-averaged
cloud fractions are 0.98 (0.96) and 0.98 (0.97) at high
(low) aerosol in WET and MID-WET, respectively. Larger
LWP and smaller droplets owing to increased condensation
and CDNC in tandem with greater cloud fraction at high
aerosol lead to larger reflection and absorption of downward
SW in WET and MID-WET. The effects of smaller droplet
size on the reflection of downward SW at high aerosol lead
to larger reflection of downward SW (and more outgoing
SW at the top of the atmosphere and less SW reaching the
surface) in DRY.

6. Summary and Conclusion

[61] Aerosol-cloud interactions in thin stratocumulus
clouds with LWP < 50 g m�2 over the North Atlantic in
the summer in 2002 were simulated using a CSRM coupled
with a double-moment microphysics. Stratocumulus clouds
over three regions with different humidity around the top of
boundary layer were selected. Present-day and preindustrial
aerosols were prescribed to those three cases of clouds to
examine aerosol effects on LWP.
[62] WET and MID-WET in this study showed increased

LWP at high aerosol. The sedimentation of cloud particles
played a negligible role in the LWP responses to aerosols.
Instead, it was found that feedbacks among CDNC, con-
densation and dynamics led to increased LWP at high
aerosol in WET and MID-WET by compensating for the
effect of increased entrainment near cloud top. The role of
different sedimentation near cloud top in different entrain-
ment between the high- and low-aerosol runs was also
negligible as compared to that of those feedbacks. Increased
cloud liquid near cloud top mostly owing to these intensi-
fied feedbacks provided a larger source of evaporative
cooling at high aerosol than at low aerosol in WET and
MID-WET. This contributed more to increased entrainment
at high aerosol than sedimentation changes owing to aero-
sols in WET and MID-WET.
[63] Khairoutdinov and Kogan [2000] indicated that the

sensitivity of the conversion of cloud liquid to rain to
varying CDNC was weaker at low LWC than at high
LWC. This implies that the sensitivity of the growth of
droplets through collisions with other particles (controlling
the conversion of cloud liquid to rain) and thus the sensi-
tivity of sedimentation to aerosol changes (leading to
CDNC changes) is weaker at low LWC. The variation of
the conversion of cloud droplets to rain with varying
aerosols was not large enough to make a significant differ-
ence in the sedimentation of cloud particles among simu-

lations with low LWC here (see Figures 5 and 7), as also
implied by the study of Khairoutdinov and Kogan [2000].
This led to a negligible role of sedimentation in the response
of LWP and entrainment to aerosols.
[64] The negligible role of sedimentation is at odds with

previous studies such as Ackerman et al. [2004] who found
that sedimentation determined the LWP response to aero-
sols. One of differences between this study and that of
Ackerman et al. [2004] is that Ackerman et al. [2004]
simulated relatively thick clouds with the LWP > 70 g
m�2. The variation of sedimentation with increasing aero-
sols is larger in these thick clouds of Ackerman et al. [2004]
than that in the thin clouds here. This can be explained by
the dependence of the variation of sedimentation on the
level of LWC described in the work of Khairoutdinov and
Kogan [2000]. Thus, it appears that the thickness of clouds
defined by the level of LWC (and thus LWP) determines
whether sedimentation or those feedbacks play a crucial role
in the LWP response. However, Ackerman et al. [2004]
simulated nocturnal clouds, while this study simulated the
diurnal evolution of clouds. Nocturnal clouds evolve with
different environmental factors (e.g., radiation and the PBL
stratification) as compared to the clouds simulated here.
Hence, it is hard to ascribe the cause of the difference in the
mechanism of the LWP responses solely to the level of
LWP. The understanding of more possible factors leading to
the difference deserves further study.
[65] In clouds with no surface precipitation in DRY, the

larger sedimentation of rain at low aerosol (with preindus-
trial aerosols) than at high aerosol (with present-day
aerosols) developed a larger instability around cloud base.
This led to increased updraft motions and thereby in-
creased condensation at low aerosol. Increased instability
around cloud base at low aerosol with preindustrial aero-
sols contributed to the larger LWP by compensating for
the decreased feedbacks among CDNC, condensation and
dynamics. In an additional simulation with aerosols in-
creased by a factor of 2 over those in the run with the
present-day aerosols for DRY, LWP was larger than that in
the low-aerosol run with preindustrial aerosols. This is
because the increased CDNC as compared to that in the
run with present-day aerosols intensified the feedbacks
among CDNC, condensation and dynamics. This offset
the effect of decreased instability on the LWP owing to
decreased sedimentation of rain, leading to an increased
LWP as compared to that in the run with preindustrial
aerosols. When aerosols decreased by a factor of 10 from
those in the run with preindustrial aerosols, LWP de-
creased as compared to those in the run with present-day
aerosols. Feedbacks among CDNC, condensation and
dynamics weakened in this experiment as compared to
those in the run with preindustrial aerosols. Also, precip-
itation reached the surface in this experiment, stabilizing
the entire boundary layer below the cloud. This led to a
decreased LWP with decreased aerosols in the low-aerosol
run/10, which is different from the increased LWP with
decreased aerosols in the low-aerosol run with no surface
precipitation.
[66] Additional simulations with a fixed CDNC only for

condensation showed that aerosol effects on the processes
(including evaporation) other than condensation played a
negligible role in the LWP responses to aerosols in all cases
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here, despite differences in the environmental temperature
and humidity distributions in the initial conditions and
forcings among WET, MID-WET and DRY. This confirmed
that the variation of condensation predominantly determined
the LWP responses regardless of different environmental
temperature and humidity distributions among the three
cases. Thus, the linkage of those responses to the tempera-
ture and humidity conditions in and above the PBL is weak
in the thin clouds here. Instead, they are strongly linked to
CDNC levels and the presence of the surface precipitation,
controlling condensation. This suggests that the qualitative
nature of results presented here is fairly robust to the
background temperature and humidity conditions.
[67] The coarse spatial resolutions employed in climate

models are not able to resolve the interactions among
CDNC, condensation, and updrafts in the cloud layer and
the instability around cloud base, which play important
roles in aerosol effects on LWP in thin clouds here. Hence,
it is necessary to develop parameterizations that are able to
consider the effects of these interactions and instability on
the LWP variation with aerosols. So far, in general, param-
eterizations for the representation of the LWP variation with
aerosols have simply relied on changes in the autoconver-
sion of cloud liquid and sedimentation of cloud liquid and
rain with varying aerosols in climate models. They do not
take into account feedbacks between microphysics, dynam-
ics, and the instability. This can contribute to a large
uncertainty in the estimation of radiative forcing associated
with aerosol indirect effects, considering the significant
coverage of thin clouds and the strong sensitivity of the
radiative fluxes to the LWP variation in thin clouds as
reported in previous studies [e.g., Turner et al., 2007;
McFarlane and Evans, 2004; Shupe and Intrieri, 2004;
Marchand et al., 2003]. Also, most of climate models and
some of CSRMs have adopted saturation adjustment
schemes which are not able to predict supersaturation and
to thereby consider the effects of changes in the surface area
of cloud particles for the calculation of condensation.
Hence, using a saturation adjustment scheme prevents the
simulation of the changing competition between supersatu-
ration and the surface area of cloud particles with increasing
aerosols. Thus, this prevents the simulation of varying
interactions among CDNC, condensation, and dynamics
with aerosols, which can lead to incorrect assessments of
aerosol effects on thin clouds. Therefore, microphysics
parameterizations, able to predict particle mass and number,
and thereby, surface area, coupled with a prediction of
supersaturation, need to be implemented into climate mod-
els for a correct assessment of aerosol effects on thin clouds.
Also, for thin clouds with no surface precipitation, those
parameterizations should be able to take into account rain
evaporation and its effects on the instability around cloud
base.
[68] In this study, identical surface fluxes from observa-

tions were prescribed for high- and low-aerosol runs for
each humidity case. Therefore, surface fluxes did not
contribute to different instability and feedbacks among
CDNC, condensation and dynamics. We focused on how
aerosols affect thin clouds for an identical net heat and
moisture supplied to or removed from the domain by the
large-scale flow and surface fluxes. Although feedbacks
from differences in clouds onto the large-scale flow and

surface fluxes cannot be captured by this design, this
isolates interactions among aerosols, microphysics, local
dynamics and instability and enables the identification of
microphysics–aerosol interactions on the scale of cloud
systems.
[69] Guo et al. [2008] indicated that the cloud develop-

ment was sensitive to the vertical resolution. However, Guo
et al. [2008] found that basic features of the integrations
(e.g., the inversion height, LWP and cloud top radiative
cooling) were similar for vertical resolutions of 40 m or
finer. Consistent with the finding of Guo et al. [2008], an
additional set of simulations with a vertical resolution of
15 m for WET, MID-WET and DRY show nearly identical
results to those with the resolution of 40 m below the top of
the PBL. This indicates that the qualitative nature of results
here is robust to the vertical resolution.
[70] Droplet (equivalent to cloud liquid in this study)

sedimentation can play an important role in cloud develop-
ment [Ackerman et al., 2004], since it can affect entrainment
around cloud top significantly. The high- and low-aerosol
runs were repeated with no cloud-liquid sedimentation to
examine the role of droplet sedimentation in results here.
These simulations showed that similar variation of LWP
with aerosols to simulations with cloud-liquid sedimentation
through mechanisms described in the section 5. This dem-
onstrates that the qualitative nature of results of this study
does not depend on the presence of droplet sedimentation.
[71] The generalization of the results reported here

requires further investigation. The three sets of simulations
examined here are too limited to form a generalized basis
for determining the effects of aerosol on thin stratiform
clouds and, thus, their parameterizations for large-scale or
climate models. More case studies of thin stratiform clouds
developing under various environmental conditions are
needed to establish the generalization of the results reported
here. The second AIE is known to be inextricably entangled
with the environmental conditions such as the humidity,
large-scale subsidence, sea surface temperature (SST), and
surface sensible and latent heat fluxes [Jiang et al., 2002;
Ackerman et al., 2004; Guo et al., 2007]. Hence, aerosol–
cloud interactions in thin clouds may vary with these
environmental factors and this needs to be addressed in
future studies.
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